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Abstract
The North West Shelf (NWS) of Australia is an ecologically sensitive region
susceptible to extreme ocean and atmospheric events driven by large-scale and climate
variability. This thesis investigates the drivers of the 2012/2013 strong marine heatwave
(MHW) and how tropical cyclones (TCs) affect the temperature and energy of the ocean
in the NWS region.
In part 1, a high-resolution regional numerical model based on the Regional
Ocean Modelling System (ROMS) is implemented to simulate the variability of the
upper ocean temperature and circulation in order to understand the mechanisms that
drive the evolution of the 2012/2013 MHW. An upper ocean heat budget is used to
quantify the roles of air-sea heat flux and ocean circulation in the development of
extreme temperature anomalies over the continental shelf. Results indicate that during
December 2012 an increase of net air-sea heat flux combined with positive horizontal
advective heat flux anomaly led to development of the MHW. Despite a decrease in net
air-sea flux warming, during the peak in January-February 2013 high-temperature
anomalies were maintained by a combination of positive anomalies of heat advection
and vertical mixing. The delayed onset of the 2012–2013 Australian monsoon resulted
in alongshore wind anomalies on the NWS which in turn caused the advection and
mixing anomalies.
Part 2 focuses on characterizing the changes produced by TCs over the NWS of
Australia on the ocean structure and ocean thermal energy budget using a 20-year
composite of cyclone data (1996-2016) created from Bluelink ReANalysis data (BRAN).
The passage of a TC can have strong effects over a large area as the strong winds cause

vertical mixing and upwelling through the water column near the TC core as well as
downwelling in the periphery of the TC circulation. Cold temperature anomalies develop
at the ocean surface beneath the TC core in response to strong mixing and deep
upwelling driven by surface divergence and Ekman pumping.

In the TC outer

circulation surface cold anomalies also develop. However, in the subsurface warm
temperature anomalies appear below the mixed layer due to wind-driven mixing across
the mixed layer. In the month following the passage of the TC, the surface cold
temperature anomalies recover relatively quickly due to air-sea fluxes, while the
subsurface warm anomalies take longer to recover, mostly due to a reduction in mixing
once the TC has left the region.
Different TC and ocean characteristics such as location with respect to the shelf
edge, period of the year, intensity and translation speed, and the presence of a barrier
layer are examined to assess their effects on thermal changes occurring in the ocean.
Stronger cold anomalies develop at the surface over the shelf locations, over locations
with a shallow or non-existent barrier layer, for strong TCs (category 3 or above on the
Australian intensity category scale), and for slow-moving (< 4 m/s) TCs. The period of
the year influences the recovery of the surface anomalies, which happens faster for TCs
between December and February than for TCs that occur during or after March. The
warm anomalies in the subsurface are stronger for more intense TCs and over locations
with a shallow barrier layer as the vertical mixing processes are more efficient.
Ocean heat content (OHC) integrated heat through the water column is examined
as a proxy for the energy exchange between the atmosphere and ocean during the TC
passage. The processes that produce changes in OHC during and after the passage of the
TC are separated into regions near the TC core, in the TC outer structure, and at different
ii

depths in the ocean during the passage and the subsequent 30-day recovery period. The
OHC in the top 500 m of the region within 1000 km from the TC centre recovers more
than 30 days after the passage of the TC. During the passage of the TC the majority of
the OHC losses are located beneath the TC core and in the surface layer, while the OHC
increases in the subsurface layer in the region between 500 and 1000 km from the TC
centre. When the temperature anomalies start to recover, the OHC increases at a stronger
rate in the surface layer due to the air-sea heat fluxes and in the TC core region where
the strong upwelling relaxes to downwelling. Strong TCs produce an overall increase in
the OHC within a month after the TC passage, while weak TCs of categories 1 and 2
cause an overall decrease in the OHC.
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Chapter 1. Introduction
1.1 The context of this study
The Australian North West Shelf (NWS) is the region located between the
North West Cape and Bonaparte Archipelago off the coast of Western Australia. The
region is characterized by an unusual broad shallow shelf that extends on average 300
km from the coast and covers around 720,000 km2 (Purcell and Purcell, 1988). The
NWS is home to a unique environment with numerous coral reefs and other marine
habitats and harbours a large variety of marine species including several protected
species such as dugongs, turtles, and whale-sharks (Condie and Andrewartha, 2008).
Furthermore, this region is one of the most economically relevant marine regions in
Australia as it hosts a multi-billion oil and gas industry (North West Shelf Project;
Acil Tasman Ltd, 2009; Government of Western Australia, Stastic Digest 2018-2019).
The ocean circulation off the coast of Western Australia differs from the
equatorward currents usually found on the eastern boundary of subtropical oceans. It
is mainly characterized by currents that carry warm, fresh tropical waters southward:
the Holloway Current on the NWS; and the Leeuwin Current south of the North West
Cape, in Fig. 1.1 (Feng et al., 2003; Thompson, 1984). The Holloway current is weaker
and broader than the Leeuwin current and flows westward along the shelf boundary.
The flow on the NWS is also influenced by flow that originates in the Pacific Ocean
and arrives in the Indian Ocean through the Indonesian Archipelago (Clarke & Liu,
1994; Godfrey & Ridgway, 1985; Smith et al., 1991; Wijffels et al., 2007).
Furthermore, the region is characterized by one of the strongest tidal flows on the
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planet, which triggers the formation of internal waves at the edge of the shelf and
drives ocean mixing (Egbert and Ray, 2000; Holloway, 1983).

Figure 1.1: Area of interest, with the main currents and geographical locations
indicated. SST anomalies during the peak of the MHW in January and February 2013
compared to a 30-year climatology (1987-2016) calculated with ERA 5 data are also
shown.

The NWS region is influenced by several modes of climate variability, which
affect the atmospheric and ocean circulations and can drive extreme ocean and
atmospheric events. The atmospheric circulation over the NWS is strongly influenced
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by the Australian monsoon, with easterly trade winds from April to October and
westerly monsoonal winds between November and March (Godfrey and Ridgway,
1985; Suppiah, 1992). In the Indian Ocean the Indian Ocean Dipole (IOD) influences
the sea surface temperature (SST) in the eastern part of the basin, which in turn affect
the general atmospheric circulation over the NWS (Saji et al., 1999). The MaddenJulian Oscillation (MJO) is an intraseasonal variability mode in the atmosphere, which
influences atmospheric convection in the tropics and drives signals that propagate
down the NWS coast (Marin and Feng, 2019). Furthermore, the El Niño Southern
Oscillation (ENSO) and the Pacific Decadal Oscillation (PDO) climate signals in the
Pacific Ocean propagate via the Indonesian region to the NWS (Feng et al., 2015;
Wijffels & Meyers, 2004).
The west coast of Australia is subject to marine heatwaves (MHWs), which
occur when SSTs are warmer than the long term mean for an extended period of time
(Feng et al., 2013; Hobday et al., 2016). MHWs can have strong effects on the ecology
and economy of a region as they impact the fauna and flora and can lead to mass
marine mortality events as reported by Garrabou et al. (2008) for the 2003 event in the
Mediterranean, by Mills et al. (2013) for the 2012 event in the Atlantic and by Oliver
et al. (2017) for the 2015/2016 event in the Tasman Sea. Strong MHWs during the
Australian 2010/2011 and 2012/2013 summers have impacted the ecosystem along
more than 2000 km on the NWS and in the southern part of the Australian West coast
with coral bleaching and fish mortality (Caputi et al., 2015; Lafratta et al., 2017;
Wemberg et al., 2012).
The frequency and intensity of these extreme events is projected to change in
the future as the climate changes. Oliver et al. (2018) studied MHWs on a global scale
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between 1925 and 2016, and reported that the frequency, duration and intensity of
MHWs increased in recent years, with patterns of change that appear to be strictly
connected with increasing ocean temperature. According to Frölicher et al. (2018), the
probability of MHW events will increase in future years and MHWs will be more
frequent and extreme.
The region is also affected by tropical cyclones (TCs) with several TCs
forming and moving through the region each year (Dufois et al., 2018; Harper et al.,
2008). These storms can impact and damage infrastructure and natural landscapes
(Mendelsohn et al., 2012). On the NWS in particular, TCs disrupt the oil and gas
industry as well as impact other infrastructure in the region causing significant
economic losses. Strong TC-induced currents can produce storm surges and strong
sediment resuspension on the shelf damaging the reefs and coastal environment and
causing significant damage to the ecology (De’Ath et al., 2012; Dufois et al., 2018).
TCs also impact the temperature and salinity of the ocean along their track and alter
the ocean heat content (OHC) of a region for a period of several days to months after
their passage (Parks et al 2001; Pasquero and Emanuel, 2007; Price et al, 2008). Strong
vertical mixing due to the intense TC winds cools the surface of the water and warms
the subsurface. While the SSTs restore to the climatological values within a few weeks,
the anomalies in the subsurface can remain for longer periods and be transported out
of the region, modifying the OHC of the whole ocean (Emanuel, 2001; Pasquero and
Emanuel, 2007; Sriver and Huber, 2007).
TC activity is also projected to change as the climate changes because of ocean
warming, sea-level rise and atmospheric circulation changes (Knutson et al., 2010).
Webster et al. (2005) studied the changes on TC activity during a 35-year period and
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reported an increase in the most intense storms. In the future the impact on TC activity
could differ depending on the basin and the region considered, but in general there
may be an increase in the frequency of high intensity storms and on the damage and
economic losses from TC activity (Knutson et al., 2010; Mendelsohn et al., 2012;
IPCC 2021). More recently, Kossin (2018) suggested that the translation speed of TCs
in the future could be reduced as a result of a slower atmospheric circulation, and there
could be more rainfall in the same location. In the Australian region Hassim and Walsh
(2008) reported an increase of TC intensity and duration in the past three decades in
Western Australia but not over the Australian east coast.
Given the extreme ecological sensitivity of the region, understanding extreme
events such as MHWs and TCs and their impacts in the region, is important for
understanding, monitoring and mitigating their impacts into the future. The purpose
of this study is to investigate the physical processes that caused a strong MHW to
develop on the NWS during the summer of 2012/2013 and more generally how TCs
affect the temperature and energy budget of the ocean in the NWS region.
The 2012/2013 MHW resulted in unusually high SST anomalies during
January and February 2013 of greater than 3°C that were mostly confined northeast of
the North West Cape in the south-western region of the NWS (Fig. 1.1) (Xu et al.,
2018). The MHW caused coral bleaching and other significant ecological impacts
(Feng et al. 2015; Xu et al., 2018), stressing the importance of understanding the
driving mechanisms behind the evolution of this strong MHW event. Two strong
cyclones influenced the ocean temperature and its changes during the summer
2012/2013 MHW: Narelle, which passed offshore parallel to the shelf in the middle
of January, and Rusty, which moved towards the coast at the end of February (Dufois
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et al., 2017, 2018; Smith et al. 2015). Both cyclones reached category 4 intensity and
produced strong currents and temperature responses in the ocean that could have
impacted the ecology of the region (Dufois et al., 2017, 2018) as well as the
development and decay of the MHW. Because of the importance of these two TCs in
potentially driving the MHW evolution, it is also important to put them in the context
of the general impact of TCs on the ocean temperature and currents in the NWS region.
Understanding these processes is of crucial importance to be able to project their
impacts in a changing climate and to protect the environment and the infrastructure of
this unique and sensitive region.

1.2 The objectives and the structure of the thesis
This thesis is divided in two parts. Part 1 studies the drivers of the strong
2012/2013 MHW and Part 2 contains a discussion on how TCs affect the temperature
and energy budget of the ocean in the NWS region.
I have three main objectives in this thesis:
(1) to study the physical processes that caused the development of a strong
MHW during the 2012/2013 summer on the NWS of Australia.
(2) Study the general impact of TCs on the ocean temperature and the factors
that influence the ocean response to TCs in the NWS region.
(3) Study the ocean energy changes driven by TCs in the NWS region.
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The thesis is structured as follows. The introduction is provided in Chapter 1.
Chapter 2 provides a discussion of previous research on the NWS ocean circulation,
MHWs and the impact of TCs on ocean structure. The methodology and data used in
this study are provided in Chapter 3. Chapter 4 provides the analysis and results of the
2012/2013 MHW investigation. Chapter 5 provides a composite analysis of how TCs
affect the ocean temperature and currents using 20 years of TCs in the NWS region.
The study on how the ocean energy changes following the passage of a TC on the
NWS region is provided in Chapter 6. Finally, a summary and conclusions along with
potential future work is presented in Chapter 7.
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Chapter 2. Background
Note: sections of this chapter are based on a published paper.
Maggiorano, A., Feng, M., Wang, X. H., Ritchie, L., Stark, C., Colberg, F., &
Greenwood, J. (2021). Hydrodynamic drivers of the 2013 marine heatwave on the
North West Shelf of Australia. Journal of Geophysical Research: Oceans, 126(3),
e2020JC016495.

2.1 The NWS ocean circulation
The ocean circulation off the coast of Western Australia is characterized by the
presence of a poleward current, called the Leeuwin current, in the region south of the
North West Cape, and the Holloway current on the NWS (Fig. 1.1).
South of the North West Cape, the Leeuwin current (Fig. 1.1) is a narrow
poleward surface flow, which is relatively warm and composed of lower salinity water
compared to the surrounding waters (Thompson, 1984). It carries tropical waters
southward along the west coast of Western Australia and causes the SST in the region
to be warmer than temperatures at corresponding latitudes in other basins (Thompson,
1984; Feng et al., 2003). The Leeuwin current is driven by the large north-south
pressure gradient present along the Australian west coast and flows against a
prevailing equatorward wind (Godfrey and Ridgway, 1985; Smith et al., 1991;
Thompson, 1984). Even though the wind is not the driving force of the currents along
the west coast of Australia, it influences the currents’ strength and their annual cycle
(Feng et al., 2003; Smith et al., 1991). In fact, due to the wind pattern in the Indian
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Ocean, which is strongly modulated by the Indo-Australian Monsoon, this current is
stronger during the Australian autumn and winter and weaker during the Australian
spring and summer (Feng et al., 2003). Furthermore, the strength of the Leeuwin
current varies inter-annually with ENSO and is stronger during La Niña and weaker
during El Niño years (Feng et al., 2003).
The NWS is characterized by a wide shelf which is divided into the Kimberly
Shelf in the north and the Pilbara shelf in the south (Fig. 1.1), in the region just north
of the North West Cape. Holloway and Nye (1985) analysed 19 months of current data
collected in 1982-1983 in the Pilbara Shelf region and reported an evident southwestward flow, which was especially strong between February and July. This flow
was more recently named the Holloway current by D’Adamo et al. (2009), in Fig. 1.1.
The Holloway current appears to be driven from a steric high gradient in opposition
to the wind stress, with a similar mechanism as already reported for the Leeuwin
current south of North West Cape by Godfrey and Ridgway (1985), but compared to
the Leeuwin current the Holloway current flow is weaker and broader (Cresswell et
al., 1993; Holloway, 1995).
More recently, a study of the Holloway current using IMOS mooring data
showed the presence of a south-eastward flow all year round, with an annual mean
transport of 1 Sv and a peak of 2 Sv during the Australian autumn, connected to the
weakening of the Australian summer monsoon, which allows the accumulated water
to flow southward (Bahmanpour et al., 2016). According to Bahmanpour, et al. (2016),
the mooring station closer to the coast showed that alongshore currents follow the
reversal of the winds over the region. In fact, the westerly winds during summer drive
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upwelling favourable north-eastward alongshore surface currents, bringing cold water
over the shelf (Condie & Adrewartha, 2008).
The sea level in the NWS region appears to differ from the sea level changes
in the central Indian Ocean, but to be strictly connected to the sea level changes
arriving from the Pacific, which is propagated by Kelvin and Rossby waves, with a
strong interannual variability connected with ENSO (Clarke and Liu, 1994; Wijffels
and Meyers, 2004). Rossby waves interacting with coastally trapped Kelvin waves
propagating poleward along the coast of the NWS appear to also drive a semi-annual
and intraseasonal fluctuation of the Holloway current, which appears to be influenced
by the variation in atmospheric convection driven by the MJO (Marin et al., 2019;
Marshall and Hendon, 2014). Moreover, Wyrtki (1987) studied the sea level
differences between the two oceans, finding that the signal is connected with the
monsoon seasonal variability and the gradient is stronger in July and August and
weaker in January and February.
The ocean currents in the northern part of the NWS are directly connected with
the Indonesian throughflow (ITF), which is the flow of water that arrives into the
Indian Ocean from the Pacific Ocean through the Lombok, Ombai, and Timor straits
(Wijffels et al., 2008). There are two major remote northern sources for the warm low
salinity flow in the Indonesian Australian basin. The first source of warm water is
Pacific Ocean water that comes from the South East Asian seas, while the second
source is the tropical Indian Ocean water that is carried into the basin by the South
Java current (D’Adamo et al., 2009). The flow between the Pacific and the Indian
Oceans develops as a pressure gradient between the western Pacific and the eastern
Indian Ocean is established due to the presence of trade winds that cause an increase
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in the sea level at the western boundary of the Pacific Ocean and a corresponding
decrease at the eastern boundary of the Indian Ocean (Wyrtki, 1987). The ITF
transport is influenced by monsoon winds and it is stronger during the Australian
winter (south-east monsoon) and weaker during the Australian summer (north-west
monsoon) (Meyers et al., 1995; Sprintall et al., 2009, Wyrtki, 1987). The pathways of
these currents and the ways in which their water is conveyed into the Leeuwin current
was investigated by Domingues et al. (2007) using a particle tracking model and by
Wijeratne et al. (2018) using a comparison between a numerical model and
observations. The ITF is found to be strongly connected with ENSO events, which
also influence the transport between different passages, and its transport is stronger
during La Niña (Wijeratne et al., 2018).
The NWS of Australia is also characterized by strong tides and is one of the
regions of major tidal energy dissipation on the globe (Egbert and Ray, 2000). The
interaction of strong barotropic tidal currents with the shelf slope in presence of
density stratification produces internal waves of tidal frequency whose energy can
propagate onshore and dissipate on the continental shelf or can propagate offshore and
dissipate in the deep ocean. This phenomenon was first observed and studied on the
NWS in a location off from Dampier by Holloway, (1983), who described the
characteristics of the semidiurnal internal tides on the shelf and noticed that the springneap tide cycle was not well defined in the region, suggesting a formation of internal
tide in deep water over a large section of the shelf. Moreover, semidiurnal internal
tides in the region appear to be influenced by the seasonal cycle, having a maximum
amplitude in January, when the water is more stratified, and presenting a decay in
amplitude between April and June as the stratification decreases (Holloway, 1984;
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Van Gastel et al., 2009). Rayson et al. (2021) argued that internal tides on the NWS
could be subjected to significant interannual variability and that there is a strong
variability between different site locations, however they also noted a decrease in the
semidiurnal internal tide around October, connected with the ITF seasonal variability.
In more recent years, different numerical models have been developed to study the
semidiurnal internal tides on the NWS of Australia and to assess the energy flux
connected with them. In particular, Holloway (2001) estimated how the energy is
transferred from the barotropic tide to the baroclinic tide and suggested that the energy
dissipated by the baroclinic mode is very important for the mixing in the deep ocean.
The connection of strong tides on the NWS of Australia with the mixing of the water
column were further analysed by Katsumata, (2006), who suggested that the tidal
mixing is responsible for the heating and cooling of the ocean up to a few degrees on
a monthly scale.

2.2 Marine heatwaves and the Ningaloo Niño
MHWs often develop on the NWS of Australia, with an increase of frequency
in recent years (Feng et al., 2013). Hobday et al. (2016) defined a MHW as a
“prolonged discrete anomalously warm water event that can be described by its
duration, intensity rate of evolution and spatial extent”. They quantified the heatwaves
based on the calculation of a 90th percentile temperature threshold using 30 years of
climatology data. Moreover, the categorization of MHWs based on the intensity was
then specified by Hobday et al. (2018), according to how many times the difference
between the 90th percentile threshold and the climatology temperature data has been
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overcome during the event. A global analysis of MHW between 1950 to 2016
(Holbrook et al., 2019), suggested there had been an increase of events reported over
the years and studied the connections between the development of MHWs and their
drivers for different regions globally. Furthermore, MHWs are often reported and
studied just in the top layer of the ocean due to the higher availability of data; however,
in some cases MHWs have been reported to extend below the mixed layer (ML)
(Benthuysen et al., 2018; Schaeffer and Roughan, 2017). MHWs in some cases can
last for a very long time. For example, the 2014/2015 MHW in the North Pacific Ocean
lasted for more than a year and the 2015/2016 MHW in the Tasman Sea lasted for 251
days (Di Lorenzo and Mantua, 2016; Oliver et al., 2017).
Off the coast of Western Australia, the major SST variability mode of the coast
is referred to as Ningaloo Niño and is a key driver of MHWs in the region. A positive
Ningaloo Niño is associated with anomalously warm SSTs extending off the western
Australian coast between approximately 22 and 32°S (Kataoka et al., 2014). A typical
Ningaloo Niño event usually starts to develop in September-October and peaks in the
middle of the Australian summer in January-February (Feng et al., 2013; Kataoka et
al., 2014, 2018; Marshall et al., 2015).
Marshall et al. (2015) analysed the evolution of Ningaloo Niños for a 50-year
period and found that during their development an anomalous atmospheric cyclonic
circulation develops over the NWS, which decreases the wind speed along the coast.
The anomalous northerly surface winds trigger two main processes that lead to the
development of the phenomena: a reduction in evaporation and latent heat loss, which
enhances warming; and an increase in the Leeuwin Current advection that drives the
positive SST anomalies further south (Marshall et al., 2015). However, the positive
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feedback on SST caused by heat loss reduction due to the lower wind speed (Marshall
et al., 2015) was opposed by Tozuka & Oettli (2018), who argued that the increase of
SST and reduced wind speed trigger a negative feedback. In fact, according to Tozuka
& Oettli (2018), the increase of SST and reduced wind speed enhance convection and
cloud formation and reduce shortwave radiation over the region.
Kataoka et al. (2014; 2017) studied the development of Ningaloo Niño and
identified two modes: a locally amplified mode and a non-locally amplified mode,
which are connected to the presence or absence, respectively, of positive northerly
wind anomalies over the coastal region that causes downwelling. According to
Kataoka et al. (2014), in the locally amplified mode the SST warm anomalies off the
west coast of Australia produce low sea level pressure in the overlying atmosphere,
which triggers northerly wind anomalies along the coast that cause anomalous
downwelling. The non-locally amplified case mostly co-occurs during La Niña
conditions in the Pacific Ocean, which forces positive sea surface height (SSH) and
SST anomalies in the tropics, then the SSH anomalies, along with warmer SSTs,
propagate south through coastal Kelvin waves (Kataoka et al., 2014; Kusunoki et al.,
2020). Another difference reported by Kataoka et al. (2014) that distinguishes the
locally amplified mode from the non-locally amplified mode is the presence of
positive sea level pressure (SLP) anomalies over the Australian continent, which are
present only in the locally amplified case.
Modes of climate variability, such as ENSO, the IOD, the MJO, the PDO or
the Interdecadal Pacific Oscillation (IPO), can drive MHWs in the region (Holbrook
et al., 2019). Zhang et al. (2018) studied the mechanisms involved in the generation
of Ningaloo Niños and found out that approximately 40% of the cases were correlated
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with the presence of La Niña in the Pacific, in 30% of the cases it was correlated with
the positive phase of the IOD, and in the other 30% other phenomena such as MJO or
the Australian monsoon might have triggered the development of the MHW.
La Niña conditions in the Pacific Ocean that enhance the Leeuwin current and
the advection of warm water southward, could trigger a Ningaloo Niño event (Feng et
al. 2015). The connection between La Niña and the development of a MHW along the
west coast of Australia was used by Doi et al. (2013) to predict the development of the
Ningaloo Niño a few months in advance using a numerical model. On the other hand,
the possibility that a Ningaloo Niño could develop without the presence of La Niña
conditions was further shown by Kataoka et al. (2018), who ran a general circulation
model with suppressed ENSO, and reported almost no changes in the development of
marine heat waves in the region, meaning that La Niña is not a necessary condition for
the development of a Ningaloo Niño off the south coast of Western Australia.
Furthermore, a study by Zhang et al. (2017), who considered a broader region of the
eastern Indian Ocean suggested that both polarities of ENSO could drive MHWs at
different latitudes: El Niño drives weak positive SST anomalies in the tropical region;
while La Niña drives stronger SST anomalies further south.
The suppressed phase of the MJO can influence the development of a Ningaloo
Niño as it modulates the wind stress over the region affecting the shortwave and latent
heat fluxes (Marshall and Hendon, 2014). In the northern part of the NWS MHWs
mostly peak during phase 2-5 of the MJO while in the southern part of the Australian
west coast the peak is delayed and mostly occurs during phase 3-6 of the MJO (Zhang
et al., 2017).
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A positive IOD event during the previous Australian winter may also
contribute to the development of a Ningaloo Niño event in the following summer as it
induces easterly anomalies over the equatorial Indian Ocean and anticyclonic wind
anomalies over the southern Indian Ocean. This, in turn, induces cyclonic anomalies
off the NWS and northerly wind anomalies over the NWS that could initiate the
warming in the months before the MHW peak (Zhang et al., 2018).
Furthermore, an increase in ocean temperatures and in the frequency of these
events off the coast of Western Australia has been observed since the late 1990s,
related to the shift to the negative phase of the PDO (Feng et al., 2015). In fact, the
negative phase of the PDO causes a heat modulation of the ITF and cyclonic wind
anomalies, which are related to an enhancement in the poleward transport along the
coast (Feng et al., 2015; Pearce and Feng, 2007).
A very strong MHW connected with La Niña was observed along the west
coast of Australia in the summer of 2010/2011 (Benthuysen et al., 2014; Pearce and
Feng, 2013; Xu et al., 2018). The first analysis of the development of this phenomenon
with in situ mooring stations and satellite-based SST data was conducted by Pearce
and Feng (2013). They studied the SST anomalies with respect to the climatology in
a wide area, which extended from the North West Cape to Cape Leeuwin, and from
the coast to 200 km offshore. The reported SST anomalies were up to 3°C, especially
concentrated in the surface warm layer (Pearce and Feng, 2013). Furthermore, this
phenomenon also had important consequences for the ecosystem and marine biota
with coral bleaching and tropical fish moving to unusually southern waters (Pearce
and Feng, 2013). Benthuysen et al. (2014) studied the dynamics of the 2010/2011
Ningaloo Niño event with a numerical model and calculated the heat budget of the
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region in order to determine the mechanisms responsible for the extreme SSTs; they
found out that anomalous southward advection due to a stronger Leeuwin current was
the cause of the warming.
Another important Ningaloo Niño event occurred in the summer of 2012/2013
(Feng et al., 2015; Xu et al., 2018). The difference between this event and the
2010/2011 MHW was highlighted in Xu et al., (2018). In particular, the regions where
the extreme high SSTs were observed differ between the two events. In 2010/2011 the
MHW extended further south in a broader region along the West Coast of Australia
whereas in 2012/2013 it remained confined in a smaller region just north of the North
West Cape, as shown in Fig. 1.1 (Xu et al., 2018). Furthermore, a survey conducted
by Lafratta et al. (2017) in March 2017 found that most of the corals near Onslow, in
the NWS where the 2012/2013 MHW peaked, were bleached, possibly due to the
thermal stress caused by the MHW.
Dufois et al. 2018 noted an increase in TC activity on the NWS during three
consecutive Ningaloo Niño years (2011-2012-2013) and hypothesised that higher
SSTs caused by a Ningaloo Niño event could cause an increase in TCs’ development
over the region. During summer 2012/2013 two TCs developed and moved through
the NWS. Narelle developed during a monsoon trough at the beginning of January
north of Timor and moved southward offshore along the shelf while Rusty developed
at the end of February and had a perpendicular trajectory towards the coast (Dufois et
al., 2017, 2018; Smith et al., 2015).
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2.3 Tropical cyclone effects on the ocean
The tropical regions of Australia and the NWS in particular, are often impacted
by TC activity (Dufois et al., 2018; Harper et al., 2008). TCs and their associated
strong winds induce strong dynamical responses in the ocean, driving strong surface
currents (Price et al., 1994). In the ML strong, near-inertial currents develop after the
passage of a TC and can remain for many days, driving upwelling and mixing (Price,
1981; Price et al., 1994; Shay & Elseberry, 1987), The processes are illustrated in the
schematic in Fig. 2.1. Furthermore, TCs usually drive a strong temperature response
in the ocean, with significant cooling at the sea surface, known as the “cold wake”,
and warming below the ML on each side of the TC track (Cheng et al., 2015; Price,
1981).

Figure 2.1: Schematic of the processes happening in the ocean during a TC passage.
The arrows indicate current movements and the colours the effect on the ocean
temperature (orange indicates warming, blue indicates cooling).
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As explained by Ginis (2002) the dynamic response of the ocean to a TC is
dominated by two modes: a barotropic mode associated with displacement of the sea
surface and a baroclinic mode, which is associated with displacements of the interface
between the ML and the subsurface layer. The barotropic mode is geostrophically
adjusted and produces a circulation pattern stretched in the along-track direction, while
the baroclinic response in associated with a near-inertial oscillating wake (Ginis, 2002;
Price et al., 1983).
The circular wind stress pattern of a TC produces divergent currents at the
surface of the ocean, which force an upward movement of the water below and lift the
isotherm under the TC track (Ginis, 2002; Price, 1981; Price et al., 1983, 1994), Fig.
2.1. The intensity of this upward motion strongly depends on the Froude Number Fr:

𝐹𝑟 =

𝑈ℎ
𝐶𝑛

(2. 1)

where Uh is the translation speed of the storm and Cn is the speed of the first baroclinic
mode. The lower the Froude number and slower moving the storm, the stronger the
geostrophic currents are compared to the near-inertial waves, and the stronger the
upwelling of isotherms (Ginis, 2002; Price et al., 1983, 1994). Zedler (2009) studied
the current response to a westward moving storm in the Northern Hemisphere and
found stronger upwelling and vertical mixing for slow-moving storms with the
maximum upwelling region shifted to the left of the track due to the asymmetry of the
Coriolis force on the north and south of the track.
Shay et al. (1989) studied the vertical structure of the near-inertial baroclinic
ocean currents excited by the passage of a TC and found divergent currents in the ML
associated with inertial pumping and opposite currents in the thermocline below.
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Because the current vector rotates with depth, this causes the ML currents to be in an
opposite direction compared to the layer below, which produces a strong shear at the
base of the ML and drives mixing and ML entrainment (Shay, 2019). Price et al. (1994)
studied the current response to the passage of TCs and reported that in most of the
cases the response is dominated by near-inertial currents that remain for many days
after the TC passage and have an e-folding time of 5-10 days. Currents in the ML have
a rightward (leftward) bias in the Northern (Southern) Hemisphere, with stronger
currents and horizontal transport at the right (left) of track (Price et al., 1994). In the
thermocline, currents appear to decay with depth and have nearly constant direction
(Price et al., 1994).
The TC strong winds and associated dynamic response of the ocean drive
strong thermal changes in the ocean through different processes (Fig. 2.1). The strong
shear between the ML currents and thermocline currents produces entrainment of the
ML with the colder layer below, the upward motion due to Ekman pumping below the
TC drives upwelling of isotherm cooling the water through the whole depth, and the
ocean loses heat to the atmosphere through surface fluxes (Price, 1981).
Dare and McBride (2010) studied the SST response to several TCs using
satellite data and comparing the local SST with a climatological SST dataset for the
same day of the year and location. They reported that cold SSTs peak between one
day before the TC to 7 days after and that for the majority of TCs the maximum SST
anomaly occurs 1 day after the TC passage (Dare and McBride 2010). Mei and
Pasquero (2013) studied SST anomalies calculated with respect to the mean SST
averaged over the months prior the TC passage and analysed the SST response after
removing the seasonal cycle. They reported a temperature decrease 1-2 days before
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the TC passage and on average they found that the SST cold anomaly peaked the day
after the TC.
The SST response is influenced by the strength of the TC and its translation
speed. The SST cools more significantly and the spatial extension of the cold wake is
larger for intense and slow-moving TCs (Dare and McBride 2010; Haakman et al.
2019; Mei and Pasquero 2013; Price, 1981). In particular, the intensity of the storm is
important as it influences the strength of the upwelling, which reduces the mixed layer
depth (MLD) and enhances the entrainment of the colder water underneath (Price,
1981). The translation speed affects the residence time, and so a slow-moving storm
produces larger horizontal divergent currents and vertical shear at the bottom of the
ML, generating deeper mixing and cooling (Price, 1981). Furthermore, Mei and
Pasquero (2013) argued that the effect of translation speed is more significant in the
tropics, while in the subtropics the ML is shallower and thus with a shorter residence
time storms can generate near-inertial currents strong enough to significantly cool the
ML.
The cooling of the SST is stronger on the right of the track in the Northern
Hemisphere and on the left in the Southern Hemisphere (D’Asaro, 2003; Jullien et al.
2012; Price, 1981). This rightward (leftward) bias occurs because the wind stress of
the TC is asymmetric and on the right (left) side in the Northern (Southern)
Hemisphere, its turning rate is comparable with the turning rate of an inertial motion,
and there is a near resonant coupling with ML velocity, which enhances mixing at the
bottom of the ML (Price, 1981; Price et al., 1983). This displacement of maximum
SST cold anomalies from the TC track is larger for fast-moving TCs (Mei and
Pasquero 2013; Price, 1981).
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Below the ocean surface, warm anomalies develop in the layer below the ML
where the warmer water from the ML is entrained and mixed with the cooler water
underneath (Cheng et al., 2015; Price, 1981) (Fig. 2.2). These warm subsurface
anomalies are more pronounced to the right (left) of track in the Northern (Southern)
Hemisphere, beneath the region where there is maximum entrainment and surface
cooling (Price, 1981).

Figure 2.2: Schematic of the development of temperature anomalies following the
MLD entrainment driven by the passage of a TC. The cold anomalies at the surface
are expected to recover quickly due to solar radiation, while the subsurface warm
anomalies could be stored for a longer period.

According to Cheng et al. (2015), who compared the cross-track ocean thermal
response of all TCs and tropical storms between 2004 and 2012 globally, during the
forced stage in the first three days after the storm passage, the thermal changes under
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the storm eye produced cold anomalies near the surface, a warmer layer underneath
(stronger on the right of the track) and cold anomaly underneath. This structure is
similar to the one reported by Zhang et al. (2016) and Zhang et al. (2019), who studied
the ocean temperature response to a typhoon in the South China Sea and found a threelayer structure with surface cooling and subsurface warming due to vertical mixing
and further cooling in the lower layer due to upwelling. In addition, according to
Zhang et al. (2016) in the days following the typhoon the thermocline moved up and
down following pumping from near-inertial currents with opposite phase in the ML
and in the thermocline. In general, the temperature response of the ocean is much
stronger for more intense TCs and for strong TCs (cat >3) the subsurface warming is
comparable in magnitude to the surface cooling, while for weaker TCs the surface
fluxes play a major role in cooling and there is less entrainment and subsurface
warming (Cheng et al. 2015; Park et al. 2011).
Several studies focused on assessing the importance of the different processes
in cooling the ocean during the passage of a TC. According to Price (1981), the
entrainment of the ML is the most effective cooling process, while the heat loss to the
atmosphere is less effective for the cooling of the sea surface. Price et al. (1994)
studied the response to the “forced stage”, the period during the actual TC passage
(time scale based on the TC residence time, of around half a day), with a onedimensional ocean model. They reported that while in the upper part of the water
column the response is dominated by vertical mixing, upwelling is the major
contributor to the heat budget in the lower water column and that it can overwhelm
the subsurface warming from vertical mixing (Price et al., 1994). Vincent et al. (2012)
used a global circulation model to study the cooling by different TCs and reported that
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while for more intense TCs the vertical mixing is the major factor for cooling, for less
intense TCs and further away from the track most of the cooling can be explained by
heat fluxes. Lateral temperature advection may pay an important role for cooling
during more intense TCs and for the recovery of the cold anomalies (Vincent et al.,
2012). Recently, Lin et al. (2017) studied the upwelling response to several typhoons
in the western North Pacific and reported that upwelling of cold water contributes to
cooling marginally in the surface layer and more significantly in the subsurface and in
the deeper ocean, with a major effect for intense and slow-moving TCs. Further away
from the ocean track the upwelling below the TC centre is compensated by
downwelling, which might cause an increase in SST (Cheng et al., 2015; Oey et al.,
2006; Jaimes and Shay, 2015). Another case study focused on calculating the heat
budget of a Typhoon cold wake showed that the majority of the cooling is due to
vertical mixing, with some upwelling contribution to cooling on the left and
downwelling contribution to warming in the front and sides, and horizontal advection
that modulated the temperature anomalies over a larger area (Zhang et al., 2019).
Huang et al. (2009) studied the heat budget of the cooling after the passage of
Hurricane Frances and reported that vertical mixing was the major contributor to the
cooling, while horizontal advection contributed only in some locations to the spatial
pattern of SST, and vertical advection was important under the eye of the TC. The cold
wake of hurricane Frances was also studied by D’asaro et al. (2007) , who confirmed
the dominance of mixing compared to the air-sea heat flux to cool the ocean SST.
The magnitude of the cold surface anomalies is influenced by the state of the
ocean prior the TC (Haakman et al., 2019; Vincent et al., 2012). In the subsurface,
cooling is greater during the warming season when the pre-TC ML is shallower than
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during the cooling season (Park et al. 2011). Haakman et al. (2019) studied the SST
response for TCs from 2002 to 2018 for different upper ocean stratification conditions
by calculating the thickness of the barrier layer and potential energy and found out that
the SST cooling is larger for thinner barrier layers, as less energy is required to mix
the warm ML water with cooler water underneath. On the contrary, the presence of a
thick barrier layer and salinity stratification inhibits the entrainment and can reduce
the cooling induced by the passage of a TC (Wang et al, 2011).
A thicker pre storm MLD reduces the cooling effect of upwelling and vertical
mixing in the surface layer but enhances upwelling and cooling in the layers below
(Lin et al., 2017). The importance of the ocean conditions prior the arrival of the TC
is further confirmed by Mei et al. (2015), who compared the SST response to TCs in
the South China Sea and in the North Western Pacific and concluded that although the
TC characteristics are the most important to determine the response, for the same TC
forcing the response is larger in the South China Sea, which is characterized by a
shallower ML and a stronger stratification below the ML. During the slow-moving
Typhoon Kai-Tak, SST cooling up to 10.8 °C was measured, which appeared to be
favoured by a particularly warm water and shallow ML before the TC passage (Chiang
et a. 2011). Chaudhuri et al. (2019) studied the effect of strong stratification conditions
before the passage of cyclone Phailin in the Bay of Bengal and reported that the
presence of a thick barrier layer reduced vertical mixing, which remained confined
into a nearly isothermal layer and produced little SST cooling. Steffen and Bourassa
(2018) studied the changes in the barrier layer due to the passage of a TC and found
significant differences in the different basins: in the Atlantic the barrier layer changes
are mostly driven by the deepening of the isothermal layer, while there are no
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significant changes in the eastern Pacific. In the central Pacific, the freshening of the
surface layer due to precipitation is the major driver of the changes in stratification.
Geostrophic currents associated with an eddy can modulate the heat and mass
budget of the ML and the TC-induced cooling and warming anomalies in the
subsurface and away from the track (Jacob et al., 2000; Jaimes and Shay, 2009; Jaimes
et al., 2011). Jaimes et al. (2009) studied the ML cooling over a warm-core and coldcore eddy during Hurricane Katrina and Hurricane Rita in the North Atlantic in 2005
and found a stronger and larger ML velocity response over the cold-core eddy where
the ML was shallower. This produced stronger cooling caused by enhanced vertical
mixing and upwelling. Jaimes et al. (2011) studied the response to the TC passage
over a cold-core and warm-core eddy with a numerical model and found that during
the forced stage the upwelling/downwelling response also depended on the underlying
geostrophic currents, with upwelling favoured over cold-core eddies. The background
currents modulate the vertical dispersion of near-inertial energy, with more rapid
dispersion and less mixing over the warm-core eddy compared with the cold-core eddy.
Furthermore, downwelling away from the TC track could be significant over warm
anticyclonic mesoscale features, as reported by Jaimes and Shay (2015) for a warmcore eddy during Hurricane Isaac.
Pre-TC ocean conditions can also be important for the intensification of TCs.
Lin et al. (2008) studied the development of supertyphoons in the Western North
Pacific and found that in some regions passing over warm ocean features is
fundamental for typhoons to intensify. Furthermore, the intensification appears to
depend on both the pre-TC MLD and the translation speed of the TC since fast-moving
TCs can intensify over shallow warm ocean features while slow-moving TCs require
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a deeper subsurface warm layer in order to intensify (Lin et al., 2009). Balaguru et al.
(2015) suggested that accounting for the ocean stratification could improve the
prediction of TC intensification especially over the eastern Pacific, where the
thermocline is shallow and the effects of mixing canbe stronger. Moreover, the ocean
surface cooling caused by a TC could have a negative feedback effect on TC
intensification (Jaimes et al. 2009, Oey et al. 2009, Shay et al. 2000). As reported for
Hurricanes Katrina, Rita and Opal in the North Atlantic, TCs intensify over warm core
eddies where the ML is deeper and the surface cooling less intense and weaken over
cold-core eddies where the SST cooling was stronger (Jaimes et al. 2009, Shay et al.
2000).
Furthermore, when sea spray is lifted in the air at a cooler temperature than the
ocean, it releases sensible heat to the atmosphere, and, if it evaporates, which does not
always happen, it can absorb latent heat from the atmosphere (Andreas and Emanuel,
2001). These processes affect the development of a TC, and a bulk formulation that
accounts for the sea spray could significantly improve the simulation of TC
intensification (Andreas and Emanuel, 2001; Wang et al., 2001; Zheng et al., 2008).
Price et al. (2008) studied the recovery time of the SST in the wake of different
TCs and reported that it usually takes around 5 to 20 days for the SST to be restored
to pre-TC conditions. However, Park et al. (2011) studied the temperature restoration
using ARGO float data and reported that only the top layer restores to the pre-TC SST
in this time period, while near-surface cooling below the first few meters takes
significantly longer to recover. This is further confirmed by Mrvaljevic et al. (2013),
who studied the cold wake of typhoon Fanapi and reported that the e-folding time for
the recovery of the cold anomalies was almost double in the subsurface layer compared
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to the surface. Hart et al. (2007) studied the MPI (maximum potential intensity)
anomaly after passage of a TC and reported that while the atmosphere recovers in
approximately one week the ocean takes 1-2 months, with stronger TCs, which
produce stronger cooling, taking longer.
The warming following the passage of a TC is correlated with the amplitude
of the cooling, and the central and coolest part of the wake warms faster than the
surrounding region (Price et al., 2008). According to Dare and McBride (2010) the
recovery time could be divided in an immediate partial recovery that happens quite
fast and in a slow recovery after this. Furthermore, the recovery time is influenced by
the intensity of the TC because more intense TCs lead to more intense cooling, which
takes more time to fully recover (Dare and McBride, 2010).
Price et al. (2008) concentrated on the recovery of the cold wakes of two TCs,
one that warmed quickly and one that warmed slowly, and suggested that the recovery
times depends mostly on the air-sea fluxes. Major warming occurs during periods of
light winds and clear skies, which are positively correlated with a large amplitude of
the SST diurnal cycle (Price et al., 2008). Furthermore, Mei and Pasquero 2012 argued
that baroclinic instability, which produces restratification of the upper ocean after the
passage of a TC plays a significant role in the temperature recovery to pre-TC
conditions. In fact, after a TC passage a strong horizontal temperature gradient
develops between the centre of the cold anomalies and the surrounding water, and in
the following period the effect of the baroclinic instability will be to re-stratify the
ocean pushing the warmer and less dense water on the sides of the centre of the cold
anomalies over the colder and denser water (Mei and Pasquero, 2012). Moreover, in
the period following a TC passage, the cold surface thermal anomalies propagate
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westward through Rossby waves and may move out of the region which was directly
influenced by the TC (Jansen et al., 2010; Vincent et al., 2012).
It has been postulated that subsurface warm anomalies (Fig. 2.2) could remain
for several months and contribute to the ocean heat transport from tropical regions to
the pole (Emanuel 2001; Sriver and Huber 2007, Sriver et al. 2008). Emanuel (2001)
calculated the ocean heat uptake in the tropical region due to vertical mixing from all
TCs recorded during 1996 and suggested that this could be equilibrated by a net ocean
heat transport out of the tropics. Sriver and Huber (2007) calculated that if all the heat
mixed downward by TCs is balanced by heat transport towards the poles,
approximately 15% of the ocean heat transport could be associated with TCs. However,
Jansen et al. (2010) argued that the heat uptake by TC stored in the subsurface is
released back to the atmosphere in winter when the ML deepens and only a fraction
of it contributes to the ocean heat transport. This was further confirmed by Vincent et
al. (2012) who found that only 1/10th of the TC heat uptake was transported poleward
using a global ocean model.
Pasquero and Emanuel (2008) used a general circulation model to study heat
anomalies following the passage of a TC and reported that a fraction of the warm
subsurface anomaly remains in the region for more than a year and that the warm
subsurface water appears to be advected in the equatorial band. The equatorward
transport of the warm anomalies was further confirmed by Jansen et al. (2009), who
calculated zonally averaged heat transport with a global model and argued that if the
mixing due to TCs is enhanced in both the subtropics and the tropics there is a
poleward transport, but if the mixing is enhanced only in the subtropical bands most
of the transport is towards the equatorial band and poleward transport is decreased.
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Sriver et al. (2010) used a global model and further confirmed that the presence of TCs
results in an overall increase of OHC and warmer equatorial regions. Jullien et al.
(2012) studied the impact of TCs in the South Pacific and suggested that the passage
of a TC leaves a signature that lasts through to the following winter, with warming
anomalies in the subsurface and a cold surface anomaly that is not fully restored during
the TC season. Bueti et al. (2014) studied the OHC changes due to TCs in different
basins and found that in some cases a TC can increase the ocean heat uptake of about
10%, with warm anomalies transported towards the tropics.
On the NWS, Davidson and Holloway (2001) studied the influence of the
passage of a TC on internal tides using mooring data and simulation of three TCs
passing at different distances from the shelf and parallel to it and of one TC
perpendicular to the shelf. They reported strong near-inertial oscillations after the TC
and a reduction of semidiurnal internal tides in the region, with internal oscillations
after the TC passage that last longer at depth (Davidson and Holloway, 2001).
According to Davidson and Holloway (2001), the passage of a TC with a track parallel
to the shelf produces a well-mixed water column over the shelf and advection of water
up or down the shelf slope depending on the distance of the TC from the coast, with
strong upwelling for TCs closer to the coast and downwelling for TCs outside the shelf,
while the TCs with track perpendicular to the coast triggers downwelling before the
TC passage and strong upwelling after.
Rayson et al. (2015) studied the ocean currents and energy response to four
TCs that passed within 150 km of a mooring on the NWS using a numerical model
and they found that the influence of semidiurnal tides was an important driver of the
ocean circulation following a TC, along with the TC induced near-inertial currents. In
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this region the inertial currents decay much faster on the shelf than in the open ocean
and during spring tides, when the tidal currents are stronger (Rayson et al. 2015).
Furthermore Rayson et al. (2015) looked at the ocean temperature response following
a TC on the NWS and found that its passage produces cooling beneath the centre of
the storm due to upwelling, entrainment and air-sea heat fluxes, which could account
for up to 50% of the heat loss, and warming caused by downwelling at 100 m depth
on the left of the TC track close to the shelf edge. Moreover, on the NWS TC activity
can produce strong sediment transport, trigger strong wave activity, and can generate
coastally trapped waves that can travel along the coast and influence the sea level
further south along the coast (Dufois et al., 2017, 2018; Eliot and Pattiaratchi, 2010).
More studies of the effect of the passage of a TC on the ocean cooling have
been conducted in other continental shelf regions. On the shelf in the South China Sea
Chu et al. (2000) studied the response of TC Ernie and reported a similar response in
the open ocean and near the coast, with alternating patterns of downwelling and
upwelling near the coast caused by convergence and divergence. Mitchell et al. (2005)
and Teague et al. (2007) studied the response of Hurricane Ivan over the continental
shelf of the U.S. and reported stronger currents response on the left of track, probably
due to the bathymetry, and strong downwelling before the TC passage and upwelling
along the shelf slope after the TC passage. The forced stage response resulted in an
overlapping of surface and bottom Ekman layer and after the TC passage they found
a quasi-homogeneous water column due to vertical mixing (Mitchell et al., 2007).
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2.4 Significance of this study
2.4.1 Part 1: Study of the summer 2012/2013 MHW
Previously the 2012/2013 MHW had not been defined using the
comprehensive categorization based on the duration and intensity by Hobday et al.
(2018), which is necessary to assess the spatial and temporal extent of this event in a
quantitative and objective way. Furthermore, although Xu et al. (2018) studied the
difference in drivers between the 2012/2013 over the southern part of the NWS and
the MHW and the 2010/2011 MHW that extended on the southern part of the West
coast, an analysis of the 2012/2013 MHW compared to a regional climatology is still
lacking. In particular, the advection patterns over the shelf on the southern part of the
NWS region need further investigation as they had an important role on maintaining
the MHW for a long period (Xu et al., 2018) and the large scale and climate drivers of
the MHW need to be studied.
In this thesis, an objective analysis of the 2012/2013 MHW over the NWS
following Hobday’s metric and an in-depth study of the MHW regional and largescale drivers compared to a 7-year model climatology will be conducted to assess the
causes that led to the development of this event.
2.4.2 Part 2: Tropical cyclone effects on the ocean over the NWS region
The response of the ocean to the passage of a TC is influenced by several
factors and can be different in different basins (Mei et al., 2015) and a comprehensive
study of the average temperature and currents response on the NWS region has not
been conducted yet. In particular, how the response changes over the continental shelf
or the deep ocean, the effect of the season at which the TC occurs on the ocean
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recovery, of the TC characteristics such as the intensity and translation speed and of
the ocean stratification at the moment of the TC passage have not been analysed over
the NWS region.
Several questions on how TCs influence the OHC, when their passage can lead
to an increase of the ocean energy and where the extra energy is transported are still
unanswered. How TCs drive OHC changes over different basins and in particular over
the NWS region has not been studied yet. Furthermore, how TCs with different
intensity and translation speed and happening in different periods can drive different
patterns of temperature anomalies and OHC changes has not been fully defined and
has not been studied in the eastern Indian Ocean region. The magnitude of the OHC
increase following a TC is still subject to debate, and whether the warm temperature
anomalies induced in the subsurface resurface in winter or are stored in the ocean for
longer is still unknown. Moreover, it is not clear if the warm anomalies induced from
the passage of a TC over the NWS remain in the region or are advected away and
whether they are advected poleward or equatorward.
In this thesis a composite approach is used to study the temperature and
currents changes driven by the passage of a TC on the NWS region, with a focus on
the difference between on-shelf and off-shelf locations, the effect of the season, of the
intensity and translation speed of the TC and of the ocean stratification. The OHC
changes induced by TCs with different characteristics over the NWS region and the
processes responsible for these changes are analysed.
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Chapter 3. Methodology
Note: sections of this chapter are based on a published paper.
Maggiorano, A., Feng, M., Wang, X. H., Ritchie, L., Stark, C., Colberg, F., &
Greenwood, J. (2021). Hydrodynamic drivers of the 2013 marine heatwave on the
North West Shelf of Australia. Journal of Geophysical Research: Oceans, 126(3),
e2020JC016495.

3.1 Data
3.1.1 Satellite sea surface temperature
SST data from the European Space Agency (ESA) SST Climate Change
Initiative v.2 (CCI SST, https://cds.climate.copernicus.eu/cdsapp#!/home) (Merchant
et al., 2019) were used to validate the MHW model and BRAN (Bluelink ReANalysis)
dataset for the TC – ocean analysis. CCI SST is daily mean blended multi-sensor and
gap-filled, created from infrared satellite data at a grid resolution of 0.05°
latitude/longitude. The interpolated level 4 (L4) reanalysis CCI SST was used, which
represents a multi-satellite estimate of daily mean SST at 20 cm nominal depth.
3.1.2 In-situ ocean currents
In-situ velocity measurements from the Integrated Marine Observing System
(IMOS, 2019) shelf moorings PIL200 and PIL100 (red triangles in Fig. 3.1) were used
to validate the MHW model velocities. The mooring data was collected during 2012–
2014. Mooring velocities are measured throughout the water column using an upward
looking Acoustic Doppler Current Profiler (ADCP). The temporal resolution of the
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mooring measurements is 10 minutes, which have been averaged daily to compare
with BRAN and model daily output. The vertical resolution is 8 m for PIL 100 and 10
m for PIL 200.
3.1.3 ERA5 reanalysis data
Hourly atmospheric (heat flux, evaporation, precipitation and wind stress) and
SST data used in the MHW model were sourced from the European Centre for
Medium-Range Weather Forecast (ECMWF) ERA 5 dataset (C3S, 2017). The ERA 5
data were provided on a regular grid with a 0.25° latitude/longitude resolution.
3.1.4 Bluelink model and reanalysis data
The Bluelink eddy-resolving Ocean Forecasting Australia Model-3 (OFAM3,
Oke et al., 2013) was used to initialize ocean temperature and salinity for the MHW
model, and the BRAN dataset was used for both the MHW and TC - ocean analyses.
For the MHW analysis, BRAN provided the sea surface salinity (SSS) model forcing
and was used as a model validation tool for horizontal currents, and for the TC - ocean
study BRAN was the primary data source, using 3D fields of temperature, vertical and
horizontal currents and surface air-sea fluxes.
BRAN is a reanalysis dataset for the global ocean, providing 3-dimensional
(3D) output of temperature, salinity, horizontal and vertical currents, sea level, and
air-sea heat flux components as short- and long-wave radiation and sensible and latent
heat flux at the ocean surface (Oke et al., 2013, Schiller et al., 2020). BRAN has daily
resolution on a 0.1° latitude/longitude grid and 51 vertical depth levels (Oke et al.,
2013). BRAN assimilates OFAM3 data with satellite altimetry, satellite SST and in
situ temperature and salinity data from Argo floats, expendable bathythermographs
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(XBTs) and field surveys using the Bluelink ocean data assimilation system (BODAS;
Oke et al., 2008) every 3-7 days (Schiller et al., 2020). OFAM3 is an uncoupled ocean
model with a horizontal spatial resolution of 1/10° for all longitudes between 75°S and
75°N, 5 m vertical resolution down to 40 m depth, 10 m vertical resolution to 200 m
depth, and vertical mixing based on the K-epsilon scheme (Schiller et al., 2020). In
reanalysis mode, OFAM3 is forced with ERA-Interim (Dee and Uppala, 2009) surface
heat, freshwater, and momentum fluxes with 1.5° latitude/longitude horizontal
resolution and 3-hourly temporal resolution (Schiller et al., 2020). Tidal dynamics are
not represented in the implementation of BRAN, which could be a limitation in
simulating dynamical processes over the NWS as the region is characterized by strong
tides that induce internal waves and that have strong influence on several ocean
processes.
3.1.5 CSIRO Atlas of Regional Seas climatology
The temperature data from the CSIRO Atlas for Regional Seas (CARS 2009)
climatology,

(https://researchdata.edu.au/csiro-atlas-regional-cf14-standard/15297,

Rigdway et al., 2002) was used to validate the model MLD. CARS 2009 climatology
has 0.5° latitude/longitude horizontal resolution and 56 fixed depth levels with 10 m
resolution within the first 100 m (Rigdway et al., 2002).
3.1.6 Tropical cyclone tracks
TC track data were accessed from the Australian Bureau of Meteorology
(BOM) best track (BT) database (http://www.bom.gov.au/cyclone/tropical-cycloneknowledge-centre/databases/). The BT database provides TC track positions typically
every 6 hours (but occasionally more frequently for special cases and near land).
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3.1.7 Argo float data
Argo float (IMOS, 2020) temperature data were used to validate BRAN
temperature anomalies after the passage of a TC. Argo is a system of profiling floats,
which measure temperature, salinity, pressure and oxygen from the surface to a depth
of 2000 m. Argo floats measure the ocean profile every 10 days at various locations.
From the surface they descend to approximately 1000 m depth, where they drift
following the currents for approximatively 10 days. They then descend further to 2000
m depth and ascend to the surface in around 3 hours while collecting data (Jayne et al.,
2017).

3.2 Marine heatwave methods
3.2.1 The MHW numerical model
To study the 2012/2013 MHW we ran a 3D ocean circulation model of the
Australian NWS based on the Regional Ocean Modelling System (ROMS)
(Marchesiello et al., 2003; Shchepetkin & McWilliams, 2005). The model
configuration was used previously for connectivity studies and is described in Feng et
al. (2016). This high-resolution model provides additional benefit over OFAM3 in two
main aspects: one is to capture the strong semidiurnal tidal signals as well as the
associated internal tides in the region, which improves estimates of the vertical mixing
in the temperature budget; and the other is to better capture the coastal warming signals
which are crucial for marine assets such as coral reefs.
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The model domain covers the Pilbara Shelf and Ningaloo Reef region (Feng et
al., 2016, between 17°S and 23°S and 110°E and 119°E, Figure 3.1); approximately
900 km off the coast between Coral Bay in the south of the North West Cape and Port
Hedland in the north. The horizontal resolution is approximately 1 km. In the vertical
there are 30 grid layers defined by terrain following stretched-coordinates (Scoordinates) with a minimum depth of 5 m. The model was run between April 2009
and June 2016 to capture average conditions and the 2012/2013 MHW event.

Figure 3.1: Model domain with model grid (every 10th line) and coastal bathymetry
every 20 m to 100 m and every 200 m to 3000 m. The IMOS mooring stations used
for validation are indicated by solid red triangles. The three regions highlighted are
the regions considered for the heat budget study.

38

The model is initialized with daily temperature and salinity data from OFAM3.
Model surface forcing is different to that used previously by Feng et al. (2016) as we
used the hourly ERA5 atmospheric data of heat flux, evaporation, precipitation, wind
stress and SLP. Using hourly forcing allows the model to capture the diurnal SST cycle,
which in some conditions can be strong over the NWS (Zhang et al., 2016) and
improves the model ability to capture TC influences. The forcing data were reinterpolated by ROMS on the model grid. Hourly SST data are from ERA 5, while
SSS data are interpolated from BRAN.
Boundary conditions are provided by the TPXO7.2 global model for tidal
forcing (Egbert et al., 1994; Egbert & Erofeeva, 2002), with the same tidal constituents
used by Feng et al. (2016). Except for the surface forcing, the open-boundary
conditions described by Feng et al. (2016) are also used, including: the Flather
condition (Flather, 1976; Flather & Heaps, 1975) for the normal component of
barotropic velocity; the Chapman condition for surface elevation (Chapman, 1985)
and 3D open boundary conditions using a combination of clamped and radiation
nudging open boundary conditions. In addition, the model surface heat flux (QROMS)
was corrected based on Barnier et al. (1994):
Q ROMS ≈ Q + dQ/dSST(TROMS − SST)

(3. 1)

where Q is the heat flux from ERA5 and dQ/dSST = 40 W m-2 C-1 is the
correction coefficient for low latitudes (Barnier et al., 1994). Hourly SST values from
ERA 5 have been used in equation 3.1. The model SSS was restored towards observed
SSS. The model does not consider tidal wetting of mud flats. Non-local K-Profile was
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used in the vertical mixing parameterization, which is a specific parameterisation
developed by Large et al. (1994).
3.2.1.1 Current validation
The MHW model was developed and previously validated by Feng et al. (2016)
for regional connectivity studies, where model surface and tidal currents were
validated against moorings. Current validation for this study used the IMOS moorings
and BRAN. The summer average of model, mooring and BRAN horizontal velocity
components at all mooring locations from the surface to 100 m are shown in Fig. 3.2.
The model overestimated the strength of the currents near the surface, with standard
deviation between 0.15 and 0.20 m/s for northward (V) and eastward (U) components
at PIL100 (Region 2) and between 0.21 and 0.29 m/s at PIL200 (Region 3) but overall
captured the general features of the profiles (Fig. 3.2).
Model validation of U and V in the first layer against PIL100 and PIL200 from
November 2012 to March 2013 (averaged over the top 50 m) are shown in Fig. 3.3.
The model captures the general features of the timeseries well, with some differences
- probably due to the lack of mooring data at depths closer to the surface where the
model has a finer resolution, especially for PIL200 which sits at a greater depth.
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Figure 3.2: Season averaged U and V current profiles at mooring station: (a), (b)
PIL100; and (c), (d) PIL200 using the model (black), BRAN data (red), and mooring
data (blue). The dashed lines indicate the standard deviation.
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Figure 3.3: Modelled (blue line) and mooring (red line) for: (a), (c) eastward (U); and
(b), (d) northward (V) velocity components averaged over the top 50 m at mooring
locations: (a), (b) PIL100 (Region 2); and (b), (c) PIL200 (Region 3) covering the
period prior to, during and after the 2012/2013 MHW between 1 November 2012 and
1 March 2013.
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Root mean square errors (RMSE) between model currents and BRAN (in the
whole domain, interpolated at each BRAN grid point) and between model and
moorings (averaged over the entire column at the mooring locations) ranged between
0.13 and 0.17 m/s for U and V (Table 3.1), probably due to the different resolutions
and spatial interpolation of data. Additional differences could be partially due to the
use of different atmospheric forcing of the model compared with BRAN and the data
assimilation procedure of BRAN. Differences between model and mooring in the top
50 m (Fig. 3.2) could again be due to the lower vertical resolution of the moorings
closer to the surface. Model bias was small, ranging from values lower than 0.01 to
0.02 m/s for U and V (Table 1), indicating the absence of systematic errors in ROMS.

Table 3.1: Comparisons of eastward (U) and northward (V) current velocities between
the ROMS model output, PIL100 and PIL200 moorings (column averaged) and BRAN
(surface and column averaged) datasets. The results were calculated comparing the
model output interpolated at IMOS mooring locations and at the same grid points as
BRAN.
U RMSE(m/s)

V RMSE(m/s)

U bias (m/s)

V bias (m/s)

PIL200

0.15

0.13

-0.002

0.009

PIL100

0.17

0.13

-0.0006

0.02

BRAN

0.15

0.15

0.005

-0.002
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3.2.1.2 SST validation
The model surface temperatures were approximated with the first layer
temperatures between 0.5 m and 3.5 m depths and validated against CCI SST (Fig.
3.4). On average, the bias varied between +0.5 °C in the summer to -0.5 °C in the
winter, possibly because of the boundary conditions from the parent model, a bias in
the hourly forcing applied from ERA5, or model vertical turbulence that could
simulate over mixing particularly in the deeper region 3. Fig. 3.4 (right) shows the bias
for the different regions; in region 2 model SST compares better with CCI data,
probably due to finer model vertical resolution near the surface over the shelf. The
distribution of RMSEs in the model domain shows larger differences in the south
(south of the North West Cape, Fig. 3.4 left). Overall, RMSEs during the entire model
period was < 1°C and correlation > 0.93.

Figure 3.4: (a) Mean RMSE for SST data in the model domain; and (b) domainaveraged bias between model SST and CCI SST in the three regions. Correlation
coefficient over the whole domain is > 0.93.
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Fig. 3.5 compares 20-day average CCI SST anomalies to model SST anomalies
between December 2012 and March 2013 and shows that the model successfully
captures the spatial pattern and magnitude during the MHW development, peak period
and decay (Fig. 3.5, columns 3 and 4). In particular, the difference between the model
and CCI anomalies (Fig. 3.5, column 3) are larger near the south-western border and
along the coast, where the bathymetry is shallower and there are fewer sigma layers
than at other locations. Fig. 3.5, column 4, shows the correlation pattern between CCI
and model anomalies, with lower correlation near the south-west part of the domain
and higher correlation in region 2, where the model captures the MHW better.
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Figure 3.5: Modelled SST anomalies (1st column), CCI SST anomalies (2nd column),
difference between model and CCI anomalies (3rd column), and correlations (4th
column) as 20- day averages for; (a) 1-20 December; (b) 21 December - 9 January; (c)
10 - 29 January; (d) 30 January - 18 February; (e) 19 February - 10 March; and (f) 11
- 30 March. Region 2 is shown by the black box in columns 3 and 4.
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3.2.2 Marine heatwave analysis
SST anomalies were analysed using the method and categorization of MHW
events described by Hobday et al. (2016; 2018), which defines a MHW as SST
anomalies higher than the 90th percentile threshold for more than 5 consecutive days.
The cumulative intensity of the MHW was calculated as the cumulative sum of
temperature anomalies during the corresponding MHW period. To do this, a 30-year
climatology of the region based on CCI SST data from 1986 to 2016 was developed.
To highlight the spatial differences of MHW development, SST anomalies
were compared to the 30-year climatology in the three regions shown in Fig. 3.1: along
Ningaloo reef (Region 1); on the shelf north of North West Cape (Region 2); and just
off the shelf (Region 3). In addition, for a more complete MHW analysis, the
anomalous warm summer of 2012/13 was compared to a shorter 7-year climatology
period (model climatology) covering the years of the model run (late 2009 to early
2016). This allows a comparison between the modelled features of summer 2012/2013
and other years to identify the anomalies that drove the MHW development.
3.2.3 Atmospheric forcing
To analyse the atmospheric circulation over a larger region during MHW
development, monthly averaged wind and SLP data from ERA5 were used. The
atmospheric conditions for three months during summer 2012/2013 were compared
with the 30-year monthly mean climatology. A 30-year daily climatology based on the
ERA 5 850 hPa zonal wind field during summer was used to calculate the Australian
Monsoon Index (AUSMI) and analyse the Australian monsoon onset date and strength,
following the method by Kajikawa et al. (2010) which is based on reversal of the winds
to westerlies north of Australia. Kajikawa et al. (2010) defined the AUSMI as the 850
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hPa zonal wind averaged over the area between 5 °S - 15 °S and 10 °E - 130 °E. The
onset day is calculated as the first day after 1 November which satisfies the following
conditions: on the onset day and during the 5 days after, the averaged AUSMI must
be > 0; in the subsequent four pentads the AUSMI must be positive in at least three
pentads; and the accumulative four-pentad mean AUSMI >1 m/s (Kajikawa et al.,
2010).
3.2.4 Heat budget calculation
The change of temperature over time is driven by multiple factors, such as
advection of temperature by currents, fluxes of heat between ocean and atmosphere,
and vertical mixing (which transfers warm surface water to the ocean subsurface and
colder subsurface water up to the surface). These forcings were analysed by
calculating the upper ocean heat budget to a depth just below the ML (described
below).
The time rate of change in temperature is governed by the following equation:
𝜕𝑇
𝜕𝑇
𝜕
𝜕𝑇
= −𝒖𝑯 ⋅ 𝛻𝐻 𝑇 − 𝑤
+ 𝛻𝐻 ⋅ (𝜅𝐻 𝛻𝐻 𝑇) + (𝜅𝑉 )
𝜕𝑡
𝜕𝑧
𝜕𝑧
𝜕𝑧

(3. 2)

where T is the model temperature, 𝑢𝐻 and w are the horizontal and vertical velocities,
z is depth, 𝛻𝐻 is the horizontal gradient operator, 𝜅𝐻 and 𝜅𝑉 are the horizontal and
vertical diffusivities. The first and second terms of the right-hand side represent the
horizontal and vertical advection, the third is the horizontal diffusion and the last term
is the vertical diffusion, which represents the change in temperature due to air-sea heat
fluxes and vertical mixing. The total advection (horizontal plus vertical) and total
vertical diffusion terms in equation 3.2 are calculated by the model while running in
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diagnostic mode with daily timesteps. The horizontal diffusion term 𝜅𝐻 is very small
and is considered a residual.
Equation 3.2 was volume averaged over region 2 and over a fixed depth surface
layer of 15 m (justification provided below), and integrated in time to evaluate the
contribution of each term to the development of anomalously high temperatures:
1
∂T
∫ ∫
𝑑𝑉 dt
𝑉 Δ𝑡 𝑉 ∂t
1
1
𝜕𝑇
= − ∫ ∫ (𝒖𝑯 ⋅ 𝛻𝐻 𝑇)𝑑𝑉 𝑑𝑡 − ∫ ∫ (𝑤 ) 𝑑𝑉 dt
𝑉 𝛥𝑡 𝑉
𝑉 𝛥𝑡 𝑉
𝜕𝑧
+

1
∂T
1
𝑄𝑛𝑒𝑡 (𝑄𝑠𝑜𝑙𝑎𝑟 )𝑧0
∫ ∫ (κ𝑉 ) d𝐴′ dt + ∫ ∫ (
−
) d𝐴′ 𝑑𝑡
𝑉 Δ𝑡 𝐴
∂z 𝑧0
𝑉 Δ𝑡 𝐴 ρ0 𝑐𝑝
ρ0 𝑐𝑝

+ 𝑅𝑒𝑠
(3.3)
where V is the volume in the region, A is area and 𝛥𝑡 is time period. The first
and second terms of the right-hand side represent horizontal and vertical advection,
the third is vertical mixing at the base of the volume and the fourth is the surface flux
contribution, calculated considering the incoming net heat flux at the surface minus
solar radiation that penetrates at the base of the volume.
The horizontal advection term has been calculated considering its contribution
at each open boundary of the study region:
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1
− ∫ ∫ (𝒖𝑯 ⋅ ∇𝐻 (𝑇 − 𝑇0 ))𝑑𝑉 dt
𝑉 Δ𝑡 𝑉
1
= − ∫ [∫ ∫ 𝑢𝑠(𝑇−𝑇0 ) 𝑑𝑦𝑑𝑧 − ∫ ∫ 𝑢𝑠(𝑇−𝑇0 ) 𝑑𝑦𝑑𝑧
𝑉 Δ𝑡
𝑁𝐸
𝑆𝑊
− ∫ ∫ 𝑣𝑠(𝑇−𝑇0 ) 𝑑𝑥𝑑𝑧] dt
𝑁𝑊

(3.4)
where 𝑢𝑠 is the alongshore velocity, 𝑣𝑠 is the cross-shelf velocity and 𝑇0 is the
average temperature of the control volume and is used as the reference temperature in
the heat advection calculation, following the approach by Lee et al. (2004) and Feng
et al. (2008). As explained by Lee et al. (2004), when the volume is conserved changes
in the reference temperature do not affect the total advection, but when evaluating the
temperature advection in a single direction, this is not the case. When the mass is not
conserved, as when evaluating advection through a side, the unbalanced mass is
assumed to be at the reference temperature, which would be 0°C if the term 𝑇0 in
equation 3.4 were missing. Instead, using the domain’s mean temperature as a
reference temperature 𝑇0 , we can evaluate the impact of heat advection at the borders
of the domain on the mean temperature change. A similar approach was used by
Wilkin (2006).
The vertical advection has been calculated as the difference between total
advection (provided by model diagnostics) and horizontal advection. In this way, we
can distinguish advection contributions across different boundaries. After closing the
budget for the control volume, a 15-day moving average filter was applied to each heat
budget term to eliminate advection due to the spring-neap tidal cycle, for visualization.
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The MLD in region 2 was calculated to determine the depth of the heat budget
and identify MLD changes throughout the event. We used the method and algorithm
described in Lorbacher et al. (2006) based on the shallowest extreme curvature of near
surface layer temperature profiles. This method assumes that the first local extreme
temperature or density curvature profile is a distinguishing feature of the depth to
which the most recent mixing events penetrate.
The MLD during summer months was evaluated using model data and CARS
2009 climatology for comparison (Fig. 3.6). The MLD calculated with CARS 2009
data and with the model temperature profile (averaged in the model region) are
comparable (Fig. 3.6). In fact, despite the different horizontal and vertical resolutions,
the model and CARS 2009 MLD are within 5 to 10 m of each other (Fig. 3.6).

Figure 3.6: Monthly averaged MLD calculated with model data (red) and with CARS
climatology (blue).
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3.3 Tropical cyclone - ocean methods
3.3.1 Tropical cyclone composites
To study the characteristics of the thermal and dynamic ocean response to the
passage of TCs in the Northwestern Australia region, a 20-year (1996-2016)
composite of the ocean response was constructed comprising 85 TCs using
temperature, salinity, and horizontal and vertical velocity data from BRAN. Every 6hourly data point of each TC from the BOM BT database in the region between 105 °E
and 130 °E and 5 °S and 30 °S (Fig. 3.7) was considered separately, for a total of 1396
data points during the 20-year period. Temperature composites were analysed to
identify the common ocean energy response features including onset of temperature
anomalies, maximum cooling at the surface, development of warm anomalies in the
subsurface, and recovery times of these temperature changes.
To study the response of the ocean in different conditions TCs were
composited by different criteria, including: all TCs during the study period, deep ocean
and shelf regions, intensity and translation speeds, and cooling and warming seasons,
with each described below.
First, TC impacts were grouped into “on shelf”, for data points located over
bathymetry shallower than 200 m, and “deep ocean” for deeper locations, due to the
unique bathymetry of the NWS. The TC data points on shelf were further divided
according to the most common directions of motion with respect to the shelf: parallel
(towards south-west) and perpendicular (towards the coast). TCs moving over the deep
ocean close to the shelf edge and parallel to it (in the region 110 °E - 127 °E and 13 °S
- 22 °S) were also separated by their distance to the coast to consider the influence of
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the shelf edge. As a TC travels parallel to the coast (but slightly offshore), the wind
over the shelf blows mostly parallel to the coast and it is expected to drive shelf Ekman
downwelling which could further increase subsurface heat gain.

Figure 3.7: 85 Western Australia TC tracks from 1996 – 2016 used in the TC - ocean
analysis.
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As the TC data points over the shelf show more variability in current and
temperature response, only deep ocean data points were considered for further analysis.
Deep ocean TCs were separated based on intensity category and translation speed, to
study the thermal responses induced by different TC dynamics. Intensity categories
include: Cat 1 (34-47 kts), Cat 2 (48-63 kts), Cat 3 (64-85 kts), and Cat 4/5 (> 85 kts).
TC translation speeds were divided into very slow (< 2 m/s), slow (2-4 m/s), fast (4-6
m/s) and very fast (> 6 m/s) based on the definition by Lin et al. (2017). These
categories have been further simplified into weak (Cat 1-2) and strong (Cat 3 and
above), fast (> 4 m/s) and slow (< 4 m/s).
Analysis was also performed based on the time of year in which the TC
develops: “warming season” between November and February, and “cooling season”
during or after March. This analysis assesses not only the effect of the pre-existing
ocean temperatures and stratification on ocean temperature changes, but also the
seasonal effect on their recovery after the TC passage, due to winter ML deepening.
The impacts of upper ocean structure were also analysed to assess the influence
of pre-existing surface layer stratification. Entrainment of cold subsurface water into
the ML could be inhibited across a barrier layer, which exists where a strong halocline
(and hence density gradient) is present above the thermocline and the ML does not
correspond to the isothermal layer (Chi et al., 2014). The barrier layer is defined as the
layer separating the top of the thermocline (where the surface temperatures begin to
decrease by 0.5 °C, also called isothermal layer) and the base of the surface ML,
defined by a density threshold criteria (Chi et al., 2014). The presence of a barrier layer
was determined by calculating the difference between the isothermal layer depth (ILD)
and the MLD, following Haackman et al. (2019), where the ILD was calculated as the
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depth at which the surface temperature decreases by 0.5 °C and the MLD has been
calculated as the depth where the surface density increases by 0.1 kg/m3. Then the
influence of the barrier layer was assessed by calculating the mean barrier layer 3 days
before the TC passage. This TC composite analysis has been separated into deep and
shallow barrier layer cases, with 5 m being the threshold separating data points located
over deep and shallow barrier layers. A value of 5 m was chosen as it is the minimum
thickness required to alter the TC -ocean interactions (Haackman et al., 2019; Wang
et al., 2011).
3.3.2 Temperature and ocean current analysis
To analyse energy changes during the forcing stage (from two days prior to
five days after TC passage) and recovery stage (six to thirty days after TC passage),
daily temperature anomalies were calculated as the difference from the seasonal
climatology and as the difference from two days prior to TC passage. For the seasonal
climatology, a daily 20-year regional ocean climatology was calculated to a depth of
2000 m at each BRAN grid point. To remove any strong seasonal signal, a 11-day
moving average was then applied to the 20-year climatology. To further reduce the
effects of non-TC related processes, the temperature changes were further analysed by
subtracting the seasonal anomaly on each day from the seasonal anomaly two days
before the arrival of the TC at each location. Two days prior to TC arrival was chosen
because the influence of the TC outer windfield should be negligible. These
temperature anomalies were used throughout for the temperature and OHC analyses.
The choice to analyse the ocean condition for a maximum of 30 days after the TC
forcing was to limit the effect of longer-term processes which could influence the
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dynamics of the region (such as the passage of other TCs, or non-TC upwelling /
downwelling events).
A variety of spatial averages and TC cross-track profiles of temperature,
vertical currents and horizontal current divergence were used to explore the
complexity of the ocean response. One-hundred km radius average profiles were
calculated to demonstrate the features and dynamics driving the main column cooling
region, which contains the primary upwelling region directly underneath the TC.
Composite cross-track sections extending to distances of 1000 km either side of the
track perpendicular to the TC direction of motion were analysed to encompass all
processes, including mixing (which typically occurs to the left of track in the Southern
Hemisphere to distances of 900 km, and down to no more than 500 m) and
downwelling (which occurs out to distances of more than 500 km from the track and
down to 1000 m). The composite MLD was also studied as its changes induced by the
TC passage are strongly connected with the vertical mixing processes which cool the
ocean surface and warm the subsurface. To assess the influence of the presence of a
thick barrier layer on the mixing processes and on the development of the temperature
anomalies the annulus region between 100 km and 300 km from the track has been
considered. This annulus region was chosen to exclude the region of maximum
upwelling beneath the track and focus on the surrounding region where the cooling is
still significant and the MLD entrainment is driving the cooling.
A student t-test was used to compare the inner core values of SST, temperature
at 300-m depth and vertical velocity at 100 m depth for the several cases considered.
P-values less than 0.05 were considered as statistically significant.
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3.3.3 BRAN validation for TC ocean response
BRAN SST analysis of the TC-induced temperature anomalies are validated
against CCI SST, and BRAN temperature profiles are compared to Argo profiles. It is
noted that BRAN was not designed for modelling the ocean under TC conditions, and
the drag coefficient parameterization implemented in BRAN may not be best suited
for this purpose and could overestimate ocean mixing. Furthermore, BRAN is forced
at the surface by the ERA-Interim dataset which tends to underestimate TC intensity
because of its relatively coarse resolution (Aijaz et al., 2019), which may have a
tendency to reduce the ocean mixing.
Figure 3.8 shows the comparison between CCI and BRAN SST for 1396 TC
composites. Each daily temperature value is calculated as the temperature anomaly on
that day minus the temperature 2 days prior to the TC arrival at that location (without
removing the seasonal cycle of temperature). There is a reasonable comparison
between the two datasets, with BRAN developing a slightly colder wake compared to
the CCI data between -1 and +5 days after the TC arrival. The CCI largest temperature
anomaly occurs approximately one day later than in the BRAN analysis (Fig. 3.8), on
Day 6 after the passage of the TC compared to Day 5 for BRAN. This delay may be
partially due to uncertainties in SST satellite data over cloudy regions after the passage
of a TC (Merchant et al., 2019). However, the traces are comparable, including the
rate of recovery and eventual -0.2°C residual cooling that remains more than 30 days
after the TC passage (Fig. 3.8). This demonstrates that the BRAN data are appropriate
to analyse TC-induced thermal changes in the ocean.
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Figure 3.8: CCI SST anomalies (blue line) compared to BRAN SST anomalies (red
line) for 1396 composited TC data points, centred on TC location. Data are averaged
over 100 km radius, and anomalies are calculated by subtracting the average SST 2
days before TC arrival from each daily average. Dashed lines show standard deviation.

The cross-track temperature anomalies timeseries for the 20-year composites
separated into TCs located over the shelf and TCs located over the deep ocean show
good similarity between CCI SST and BRAN SST (Fig. 3.9). Both CCI and BRAN
capture wider cold anomalies over the shelf locations (Fig. 3.9b and d) and narrower
cold anomalies over the deep ocean (Fig. 3.9a and c). However, the CCI and BRAN
composites over the shelf appear to differ as BRAN captures stronger cold anomalies
shifted to the left of the track (Fig. 3.9b and d), perhaps due to the coarser spatial
resolution that makes it more difficult to capture the complex dynamics near the coast
in the BRAN model.
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Figure 3.9: Cross-track SST anomaly compared to 2 days before the TC passage,
centred on the TC centre for: (a), (b) CCI; and (c), (d) BRAN for all data points: (a),
(c) over the deep ocean (using 459 data points); and (b), (d) on the shelf using 937 data
points) extending to 30 days after the TC passage.

Timeseries comparisons between Argo float data and BRAN were performed
for 21 TCs, for which Argo float data in the proximity of the track were available. As
can be seen for TCs Narelle (Fig. 3.10), Nicholas (Fig. 3.11) and Quong (Fig. 3.12),
there was good agreement between Argo observations and BRAN data, particularly
below the surface after the TC passage. Any differences are mostly due to the
interpolation to fill the temporal gaps between Argo floats (which are measured every
10 days, at the dashed lines in the top panels of Figs. 3.10, 3.11 and 3.12) to the daily
BRAN data.
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Figure 3.10: Temperature-depth profiles for Argo (top) and BRAN (bottom) at
17.38 °S, 112.25 °E before (left of the solid black line), during (at the solid black line),
and after (right of the solid black line) the passage of TC Narelle (2013). The dashed
vertical lines represent the days that Argo profiles were recorded at this location.
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Figure 3.11: As in Fig. 3.10 but for TC Nicholas (2008).
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Figure 3.12: As in Fig. 3.10 but for TC Quang (2015).

Overall, these comparisons provide confidence that BRAN represents the
ocean temperatures well during and after the passage of a TC. Therefore, the analyses
of TC induced temperature changes will be conducted using BRAN data.
3.3.4 Ocean Heat Content changes due to tropical cyclones
The total OHC (the integrated water column temperature profile) within a large
region is expected to increase with the passage of a TC, because during the recovery
stage the surface cold anomalies recover quickly due to air-sea fluxes while the
subsurface warm anomalies remain for longer, (Emanuel., 2001, Sriver and Huber,
2007). To assess the overall lasting thermal changes due to a TC we calculated the
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OHC anomaly between depths z1 and z2 compared to 2 days before the TC passage
after removing the seasonal cycle:
𝑧1

𝑂𝐻𝐶𝑟𝑎𝑡𝑒

= 𝑐𝑝 ∫ ρ(𝑧)(𝑇(𝑧) − 𝑇𝑐𝑙𝑖𝑚 (𝑧))𝑑𝑧

(3. 5)

𝑧2

where cp is the sea water specific heat content, which is considered constant and equal
to 3985 J g-1 C-1 (Glenn et al., 2016), ρ(z) is the density of the water column at each
depth between z1 and z2, T(z) is the temperature profile and Tclim(z) is the climatological
temperature profile. Removing the climatology from the temperature profile ignores
seasonal changes in the month following the TC.
The OHC was averaged in the region within 100 km (inner core region), 500
km (outer core region) and 1000 km radius (whole region) around the TC centre and
in the annulus region of radius between 500 km and 1000 km from the track (outer
region). Layers of different depths from the surface of the ocean, 50 m layers between
the surface and 1000 m deep and 500 m layers from the surface to 2000 m deep are
studied to assess the OHC changes induced by TCs at different depths and distances
from the track due to different physical processes. To study the recovery of the OHC
cold anomalies driven by the passage of a TC and to assess where the major warming
happens during the month following the TC passage, the OHC changes from Day 5
are analysed. The OHC changes of TC data points with different characteristics were
composited to study a general deep ocean case, the difference in the OHC changes
driven by warming season versus cooling season TCs, and the differences driven by
different TC translation speed and intensity.
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3.3.5 Tropical cyclone heat budget
OHC changes are driven by several processes including horizontal advection,
upwelling and downwelling (or vertical advection), vertical mixing, and air-sea heat
fluxes. To separate the processes that affect the OHC changes the OHC budget was
calculated following Huang et al. (2009):
𝑂𝐻𝐶𝑟𝑎𝑡𝑒 ≈ 𝐻𝑎𝑑𝑣 + 𝑉𝑎𝑑𝑣 + 𝑉𝑑𝑖𝑓𝑓

(3. 6)

where 𝑂𝐻𝐶𝑟𝑎𝑡𝑒 is the time rate of OHC change and on the right hand side are
horizontal advection (𝐻𝑎𝑑𝑣), vertical advection (𝑉𝑎𝑑𝑣), and the vertical diffusion
(𝑉𝑑𝑖𝑓𝑓) terms, which includes the vertical mixing and the air-sea heat fluxes terms.
The horizontal diffusion is generally negligible in the ocean and the term is therefore
neglected in eq. 3.6.
We expect strong contributions by vertical advection, which is due to upward
or downward transport of temperature by the vertical currents and can be used as proxy
for the upwelling beneath the track and downwelling further away on the side. The
strong TC winds and their circular pattern force strong horizontal currents at the
surface of the ocean. The horizontal advection represents the heat transported away
from the region beneath the TC centre by the divergent horizontal currents, or towards
the track in the following period when the horizontal currents reverse and converge
towards the track.
For this budget analysis, the temperature climatology has not been considered
and the seasonal cycle has not been removed for simplicity. The time rate of change
of the OHC was calculated as
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𝑧1

𝑂𝐻𝐶𝑟𝑎𝑡𝑒 = 𝑐𝑝 ∫ 𝜌(𝑧)𝑇(𝑧)𝑑𝑧 ,

(3. 7)

𝑧2

and the horizontal and vertical advection terms were calculated using BRAN
temperature and velocity data as

𝐻𝑎𝑑𝑣 = −cp ρ ⋅ 𝒖𝑯 ⋅ 𝛻𝐻 𝑇 = −𝑐𝑝 ρ (𝑢 ⋅

∂𝑇
∂𝑇
+𝑣 ⋅ ),
∂𝑥
∂𝑦

(3. 8)

and

𝑉adv = −cp ρ ⋅ 𝑤

𝜕𝑇
,
𝜕𝑧

(3. 9)

where the vertical diffusion term (𝑉𝑑𝑖𝑓𝑓), which represents vertical mixing of the
water masses and change in temperature due to air-sea heat fluxes, was approximated
as the residual of equation (3.6).
Equation (3.6) was then integrated between the surface and 500 m to give
0

0

0

0

∫ 𝑂𝐻𝐶𝑟𝑎𝑡𝑒 𝑑𝑧 ≈ ∫ 𝐻𝑎𝑑𝑣 𝑑𝑧 + ∫ 𝑉𝑎𝑑𝑣 𝑑𝑧 + ∫ 𝑉𝑑𝑖𝑓𝑓 𝑑𝑧,
500

500

500

(3. 10)

500

which was used to analyse the temporal change of the OHC along the cross-track
direction.
To understand the processes which contribute to OHC changes at different
depths during the forcing and recovery stages, equation (3.6) was integrated in time
using several integration periods
𝑡2

𝑡2

𝑡2

𝑂𝐻𝐶 ≈ ∫ 𝐻𝑎𝑑𝑣 𝑑𝑡 + ∫ 𝑉𝑎𝑑𝑣 𝑑𝑡 + ∫ 𝑉𝑑𝑖𝑓𝑓 𝑑𝑡 ,
𝑡1

𝑡1

𝑡1
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(3. 11)

including the “whole period” (day -2 to day 30), the “forcing stage” (Day -2 to Day 5,
when the most cooling is expected to happen), and the “recovery stage” (Day 5 to Day
30) to assess which processes contribute to the recovery of the cold anomalies and to
the development of warm anomalies after the TC has left the region.

66

Chapter 4. The 2012/2013 Marine Heat Wave
on Australia’s North West Shelf
Note: sections of this chapter are based on a published paper.
Maggiorano, A., Feng, M., Wang, X. H., Ritchie, L., Stark, C., Colberg, F., &
Greenwood, J. (2021). Hydrodynamic drivers of the 2013 marine heatwave on the
North West Shelf of Australia. Journal of Geophysical Research: Oceans, 126(3),
e2020JC016495.

4.1 Introduction
During the austral summer of 2012/2013 a particularly strong MHW developed
on the NWS, beginning in December 2012 and peaking in February 2013 (Feng et al.
2015; Xu et al. 2018). This MHW resulted in warm SST anomalies during January
and February of over 3°C that were mostly confined northeast of the North West Cape
in the south-western region of the NWS (Fig. 2.1) (Xu et al., 2018) and caused coral
bleaching and other significant ecological impacts (Feng et al. 2015; Xu et al., 2018).
The impacts of the MHW stresses the importance of understanding the driving
mechanisms behind the evolution of this strong event. Xu et al. (2018) compared this
MHW to 2010/2011 event. They found that the 2010/2011 event occurred over a larger
area further to the south and was driven by a stronger poleward heat advection due to
a more intense La Niña event, while the 2012/2013 event was mostly confined northeast of the North West Cape and was driven by higher surface heat fluxes into the
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ocean (Feng et al. 2015; Xu et al., 2018). Here we explore in more detail the 2012/2013
MHW using a high-resolution ocean model with diurnal forcing, which provides a
better temporal resolution than previous work. Specifically, differences between the
2012/2013 summer conditions and climatological conditions in the region, as well as
the connection between the 2012/2013 MHW and its large-scale forcing, are
investigated. Xu et al. (2018) identified that different advection patterns on the NWS
lead to differences in development between the two MHW events, but the advection
patterns were not fully investigated. We further investigate the advection patterns over
the shelf region, particularly during the temperature increase in summer 2012/2013
compared to climatology, to better understand the cause of the MHW’s long duration.

4.2 The marine heatwave period
CCI SST data were used to define MHW peaks during late 2012 and early 2013
following the metrics described by Hobday et al. (2016; 2018) (Fig. 4.2) in the three
regions highlighted in Fig. 4.1.
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Figure 4.1: Study region with model grid with the three regions for the MHW study
highlighted and the track of TC Narelle (in red) and Rusty (in blue).

The three regions experienced different MHW days, although the overall
MHW period was approximately the same. Region 1 experienced temperature
anomalies above the 90th percentile threshold from 25 December to 7 March (72
consecutive MHW days). In Region 2 the MHW developed and decayed earlier from
13 December to 2 March (lasting 79 consecutive days). Two peaks in the MHW,
separated by more than 5 days, developed in Region 3: the first from 20 December to
11 January (22 consecutive days); and the second from 28 January to 2 March (33
consecutive days). Between these two peaks the SST anomalies remained positive,
and this cooler period was probably due to the passage of TC Narelle (early-mid
January 2013) just offshore from Region 3 (Fig. 4.1). The MHW in Region 2 exceeded
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the threshold of twice the difference between the 90th percentile and the 30-year SST
climatology of the region (Fig. 4.2) between 17 and 23 February and can be
categorized as a strong MHW (Hobday et al., 2018). The cumulative intensity of the
MHW was 146 °C day in Region 1, 131 °C day in Region 2, and in Region 3 was 34°C
day for the first peak and 50°C day for the second peak (a total cumulative intensity
of 84 °C day).
Fig. 4.2 also shows SST anomalies from the 30-year CCI climatology (used to
define the MHW period) and from 7-year (2009-2016) CCI and model climatology for
model validation. The anomalies calculated using a 7-year climatology are lower than
the 30-year CCI climatology anomalies for both CCI and the model. However, the
SST anomalies to 7-year model and CCI climatology compare well with the 30-year
CCI anomalies and have the same temporal evolution.
The focus of the remaining analysis will be mostly on MHW development and
characteristics in Region 2. This region was chosen as it is where the MHW overcame
the threshold to be classified as a strong MHW (Fig. 4.2) and the model had the best
agreement with observations (Figs. 4.2e and 3.5). For the heat budget time integration,
two periods were considered: the fast warming period, from the minimum temperature
anomalies to the first MHW peak, and the peak period of the MHW, between the first
and last temperature anomaly peaks (Fig. 4.2e).
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Figure 4.2: 30-year CCI SST climatology (black line), 90th percentile (solid red line), twice the 90th percentile (dotted red line) and SST (purple
line) for the period between November 2012 and April 2013 for: (a) Region 1; (b) Region 2; and (c) Region 3. SST anomalies from the 30-year
CCI climatology (solid black line) and from the 7-year model (black dashline) and CCI (broken black line) climatology for the period between
November 2012 and April 2013: (d) Region 1; (e) Region 2; and (f) Region 3. The MHW periods are shaded in red.
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4.3 Marine heatwave development
In region 2 uniformly distributed positive SST anomalies of approximately 1°C
were evident starting in December 2012 (Fig. 4.3a), in agreement with regionally
averaged SST anomaly timeseries (Fig. 4.2). During late December and the beginning
of January, temperatures gradually increased (Fig. 4.2b and 4.2e) and the 20-day
average shows SST anomalies up to 3°C (Fig. 4.3b). This corresponds to the first peak
of the MHW indicated in Fig. 4.2e. Temperatures then decreased slightly at the end of
January onshore just northwest of Dampier and also offshore in the northeast of the
domain (Fig. 4.3c), and then increased again to between 3 and 4 °C during February
(Fig. 4.3d), corresponding to the second peak. Compared to the first peak, these
anomalies were higher in the southern part of the domain and along the coast (Fig.
4.3d). From late February, SST anomalies decreased, indicating the beginning of the
MHW decay. The anomalies during the last 10 days of February and first 10 days of
March were still positive in the southern part and became neutral in the north (Fig.
4.3e). By the end of March, the MHW had decayed and there were negative SST
anomalies in the southern part (Fig. 4.3f).
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Figure 4.3: Modelled SST anomalies in region 2 as 20-day averages for: (a) 1 - 20
December; (b) 21 December - 9 January; (c) 10 - 29 January; (d) 30 January - 18
February; (e) 19 February - 10 March; and (f) 11 - 30 March.

Fig. 4.4 shows the temporal evolution of the spatially averaged temperature
profile and the MLD from the model. In the model climatology, the upper ocean
becomes steadily more stratified and the isotherms below the ML gradually deepen
between November and March. During summer 2012/2013, the SST increases faster
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during December and the water is warmer than normal below the surface due to a
faster deepening of isotherms. Significant temperature anomalies above 2°C are
evident up to 120 m depth (Fig. 4.4c). Anomalies at subsurface between 60 and 120
m are already positive during November and December, one month before the MHW
develops at the surface. The maximum temperature anomaly during the middle of
January was up to 4 °C (recorded between 60 and 100 m depth, Fig. 4.4c), at the same
time when there was a small decrease in SST anomalies (Fig. 4.2e). Anomalies
between 40 and 120 m appear to dissipate at the beginning of February, but last longer
near the surface (Fig. 4.4c). At the end of February, the anomalies reduce throughout
the water column, possibly following an upwelling event that could have been driven
by the passage of TC Rusty just north of the domain (Fig. 4.1). However, the region
considered is mostly over the continental shelf (Fig. 3.1) and the number of data points
at higher depths is small, so the following analyses concentrates on the heat budget in
the top part of the water column, just below the MLD.
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Figure 4.4: Averaged temperature profile (℃) for region 2 for: (a) the 7-year model
climatology, with MLD overlaid with a black line, (b) summer 2012/2013 with MLD
overlaid, (c) the temperature difference between (a) and (b), and (d) the MLD
difference between (a) and (b). In (d), positive anomalies denote shallow MLD.

The region average MLD anomalies show a shallower MLD for most of the
period between December and February, with two peaks of MLD deepening midJanuary and end of February (Fig 4.4b), possibly caused by TCs Narelle (early-mid
January, Fig. 4.1) and Rusty (end of February, Fig. 4.1).
The monthly average MLD (Fig. 4.5) is significantly shallower during
December compared to model climatology especially in the northern part of the
domain and slightly shallower during January and February (also shown if Fig. 4.4a,
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b and d). The model MLD gradually begins to deepen leading into cooler months
between March and April (Fig. 4.4).

Figure 4.5: Average MLD for: (a), (d), (g) the model climatology; (b), (e), (h) summer
2012/2013; and (c), (f), (i) the difference between the two for the months of December,
January and February in region 2.

4.4 Heat budget analysis
The ML is quite shallow during the summer months, rarely deepening below
15m, (Figs. 3.6 and 4.5) and based on the monthly mean model MLD (Fig. 4.5) a value
of 15 m was chosen for the upper ocean heat budget analysis. Note that missing MLD
values in Fig. 4.5 are due to bathymetry near the coast being shallower than the MLD.
The individual heat budget terms are shown in Fig. 4.6. We also tested a deeper
layer of 20 m (the maximum depth reached by the ML in summer, Fig. 4.5) but found
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no significant differences (Figs. 4.6 and 4.7). Fig. 4.6a and b shows that air-sea heat
fluxes provide the major contribution to temperature increases during austral summer,
as also reported by Santoso et al. (2010). The total contribution of the advection term
for climatology is negative between the end of November and beginning of March
(Fig. 4.6a), showing that heat is removed from region 2 during summer by both
horizontal and vertical advection. Vertical mixing at the bottom of the control volume
is normally negative and helps cool the surface layer (Fig. 4.6a).

Figure 4.6: Individual heat budget terms (total temperature rate of change, total
advection, air-sea net heat flux, vertical mixing at the bottom of the volume, and
residuals), from eq. (1) volume averaged over region 2 and the upper 15 m of the water
column for: (a) model climatology; (b) summer 2012/2013; and (c) the difference.
Shaded regions indicate fast warming (red) and peak period (yellow).
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Figure 4.7: Same as figure 4.6 for the top 20 m of the water column.

At the end of November 2012, when SST anomalies began to develop, the
steep increase in advection and an increase in net surface heat flux into the ocean drove
a temperature increase (Fig. 4.6c). During December both the net surface heat flux and
total advection anomalies were positive, adding heat into the region when the MHW
developed, compared to climatology (Fig. 4.6c and Table 4.1).
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Table 4.1: Time integrated heat budget terms (including horizontal, vertical and total advection, net
surface flux, vertical mixing) for the climatological average, summer 2012/2013 and anomalies in the
fast warming period (26 November- 1 January), in the peak warming period (1 January-20 February)
and time integrated horizontal advection across the three open boundaries during the full period (26
November-20 February).
Hadv
(°C)

Vadv
(°C)

tot adv
(°C)

Net Sflux
(°C)

Vmix
(°C)

Tot (°C)

Res
(°C)

Fast warming period
climatology

-0.33

-0.48

-0.80

2.04

-0.46

0.82

0.04

2013

0.62

-0.46

0.16

2.94

-0.10

3.04

0.04

anomalies

0.95

0.02

0.97

0.90

0.35

2.22

0.00

Peak period
climatology

-0.53

-0.91

-1.44

3.39

-1.06

1.05

0.16

2013

0.34

-0.62

-0.28

1.41

-0.17

1.13

0.16

anomalies

0.87

0.28

1.16

-1.98

0.89

0.07

0.01

Horizontal advection – Full period
advne
(°C)

advsw
(°C)

advnw
(°C)

climatology

-0.79

-0.41

0.35

-0.84

2013

-0.22

-0.35

1.50

0.93

anomalies

0.57

0.06

1.15

1.77

hadv
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(°C)

At the beginning of January 2013, the net surface heat flux anomalies became
negative, contributing to cooling in the region, but were opposed by positive horizontal
advection and vertical mixing anomalies (Fig. 4.6c), which contributed to the long
duration of the MHW. However, advection and vertical mixing were together weaker
than anomalous surface cooling resulting in an overall slight decrease in temperature
(Fig. 4.2e). Typically, stronger vertical mixing would cool the surface layer,
contributing to a negative temperature change as shown in the climatology in Fig. 4.6a,
but during the end of January and the beginning of February 2013 the vertical mixing
was reduced, resulting in a temperature increase in the surface layer (Fig. 4.6c). By
the end of January and beginning of February the net heat flux became positive (Fig.
4.6b), driving an increase in temperature. At the end of February, when SST anomalies
began to weaken, a decrease of net surface heat flux into the ocean drove rapid cooling
which was the main driver of the MHW decay (Fig. 4.6b, Table 4.1). The two negative
heat flux anomaly periods at the beginning of January and end of February (Fig. 4.6c,
indicating reduced heat flux into the ocean) could be the result of TCs Narelle (early
to mid-January) and Rusty (end of February) near the region (Fig. 4.1).
The total advection term became weakly negative between January and
February (Fig. 4.6b), while advection anomalies were positive during both months
(Fig. 4.6c) mostly due to positive horizontal advection anomalies throughout the
whole period (Fig. 4.8b and c). In fact, Table 4.1 suggests that the climatological
horizontal advection was negative in the region, while during the MHW period the
advection was slightly positive (Fig. 4.6b). The model climatology shows that heat
advection at the north-eastern and south-western boundary were typically negative
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(Fig. 4.8a and Table 4.1). In summer 2012/2013, the cooling effects of the advective
component at the north-eastern boundary were significantly reduced (Table 4.1) with
positive contributions from advection originating from an anomalous inflow from the
north west, especially during December 2012 and the beginning of January (Fig. 4.8).
At the north-western boundary the model climatology showed a positive advective
flux, which during summer 2012/2013 was stronger than the climatology and provided
a larger contribution to the temperature increase (Fig. 4.8c and Table 4.1). The vertical
advection contributed to the anomalous warming especially during January and
February 2013 (Fig. 4.8c, Table 4.1).

Figure 4.8: Advection terms from eq. (1) averaged over region 2 for: (a) the model
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climatology; (b) the 2012/2013 MHW; and (c) the difference between the two.
It is worth noting that the residuals of the integrated budget were higher during
the peak period, but this value was still an order of magnitude smaller than the total
heat change.

4.5 Net surface heat flux
Positive surface heat flux anomalies (increased heat flux into the ocean) were
present during December (Fig. 4.9c) however anomalies into the ocean during January
(Fig. 4.8f) and February (Fig. 4.9i) were near zero or negative, suggesting less
contribution to ocean heating from the surface heat flux in 2013 compared to other
years. This is in accordance with the analysis by Xu et al. (2018), who documented a
positive heat flux anomaly warming the ocean in December 2012, but not during the
following months. Still, a shallower MLD (Figs. 4.4 and 4.5) during summer
2012/2013 could have constrained the surface heating in a shallower surface layer to
sustain the SST anomalies.
The model net surface heat flux (Fig. 4.9) was corrected using observed SST
and SSS values based on a flux correction method described by Barnier et al. (1994).
Overall, the total net heat flux of the model compares well with the original forcing
from ERA 5 (Figs. 4.9 and 4.10), indicating only small adjustment by the flux
correction. In particular, the correction generally reduces the model heat flux, more
significantly in December and January 2013 (Fig. 4.10, fourth column); this could
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possibly underestimate the heat flux warm anomalies during December and
overestimate the heat flux reduction in January and February.
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Figure 4.9: Monthly mean model net surface heat flux for: (a), (d), (g) the model climatology; (b), (e), (h) summer 2012/2013; and (c), (f), (i)
the difference between the two for December, January and February in region 2.
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Figure 4.10: Same as Fig. 4.9 (first three columns) but from ERA5 data used to force the model; and difference between model net heat flux after the correction
and ERA5 data (fourth column) during the MHW period.

85

Fig. 4.11 shows different components of surface heat flux from ERA 5 for
December, January and February (also documented in Table 4.2 for each month
separately). During December, the positive net surface heat flux anomaly was due to
longwave radiation and latent heat flux, while shortwave solar radiation was reduced,
possibly due to increased cloud cover (Fig. 4.11c). The negative net surface heat flux
anomaly during January and February was due mostly to a strong increase in latent
heat loss, especially significant in February, and a slight reduction in incoming solar
radiation (Fig. 4.11c).

Figure 4.11: Heat flux components over Region 2 for December, January and
February for: (a) model climatology; (b) summer 2012-2013; and (c) anomalies from
ERA 5.
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Table 4.2: Average heat flux components over region 2 for the month of December,
January and February for model climatology period, summer 2012-2013 and
anomalies from ERA 5 data.
Shortwave
(W/m^2)

year

Longwave
(W/m^2)

Latent
(W/m^2)

Sensible
(W/m^2)

Net
(W/m^2)

December
climatology

317

-79

-129

-6

103

2012

289

-61

-91

-2

135

anomalies

-28

18

38

4

32

January
climatology

295

-62

-120

-7

106

2013

287

-59

-139

-6

83

-8

3

-19

1

-23

anomalies

February
climatology

293

-70

-121

-6

96

2013

282

-68

-172

-9

33

anomalies

-11

2

-51

-3

-63

4.6 Ocean surface current analysis
The model current climatology (Fig. 4.12, left column) shows a north-eastward
cold surface current in the southern part of the domain and over the shelf which was
stronger during December (Fig. 4.12a) and weakened in January (Fig. 4.12d) and
87

February (Fig. 4.12g). These climatological conditions shows that upwelling in the
region typically brings cooler subsurface water from below during summer (Fig. 4.8a).
However, during summer 2012/2013 (Fig. 4.12, middle column) the shelf current was
instead south-westward and hence unfavourable for upwelling. The effect of these
anomalously unfavourable upwelling conditions contributing to higher temperatures
is further demonstrated in Fig. 4.12 (right column) by the larger south-westward
current anomaly and higher temperatures (positive anomalies), especially in the
southern part and for December (Fig. 4.12c) and January (Fig. 4.12f). The anomalous
south westward currents over the shelf are in agreement with an increase of horizontal
along shore advection through the north-eastern border of the domain (Table 4.1). The
shelf currents in February along the coast (Fig. 4.12h) and in the northern part differed
from the climatology (Fig. 4.12g) less than during the previous months and the current
was north-eastward, but with a strong south-westward current in the south.
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Figure 4.12: Monthly average surface currents and temperature for: (a), (d), (g) the model climatology; (b), (e), (h) summer 2012/2013; and
(c), (f), (i) the difference between the two for December, January and February in region 2.
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4.7 Wind speed and SLP
The surface wind forcing not only drives ocean currents, but also influences
the mixing of the surface layer and air-sea latent heat fluxes. During a normal summer,
an along-coast south-easterly monsoonal wind field develops (Fig. 4.13, left column),
driving upwelling and bringing cooler subsurface water from below.
During November 2012 the wind and SLP anomalies were weak (Fig. 4.13i),
and during December and January the wind speed over the whole NWS appeared to
be reduced with respect to the 30-year climatological average (Fig. 4.13f, g, j, k).
Reduced wind speed may explain the decrease in the MLD (Fig. 4.5) and reduction in
vertical mixing contribution to cooling (e.g. Fig. 4.6b), and the decrease in latent heat
flux losses during December (Fig. 4.12). Furthermore, while southwesterly monsoonal
winds can normally induce upwelling events during the summer period (Godfrey &
Ridgway, 1985), during summer 2012/2013 the weaker and more onshore winds over
the region drove downwelling favourable conditions, reflected in a decrease of the
contribution of vertical advection to cooling.
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Figure 4.13: Wind speed and sea level pressure from monthly averaged ERA5 data for: (a), (d), (g),
(h) the 30-year climatology; (b), (e), (h), (k) summer 2012/2013; and (c), (f), (i), (l) the difference
(summer 2012/2013-climatology). (Note that the wind vector scale has been decreased from 5 m/s
for the first 2 columns to 1 m/s for the much smaller wind anomalies in the 3rd column).
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Reduced wind speed is also noticeable across the Indonesian-Australian Basin
in December 2012, due to late onset of the Australian monsoon season (Godfrey &
Ridgway, 1985; Holloway, 1995) during summer 2012/2013. Fig. 4.14a and b shows
AUSMI calculated following Kajikawa et al. (2010) for 30-year climatology
compared to summer 2012/2013. The onset date for the Australian monsoon during
summer 2012/2013 was 2 January. Around the middle of January there was a strong
monsoon burst with increased westerly wind speeds, and at the end of January and
beginning of February a decrease in monsoon strength was followed again by a
strengthening of monsoon at the end of the month.

Figure 4.14: Australian monsoon index calculated with Kajikawa et al. (2010) method
for: (a) 30-year climatology and summer 2012/2013; and (b) anomalies between the
two.
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Zhang et al. (2017) found most of the MHWs in the region occurred
between phase 2 and 5 of MJO (bottom half of Fig. 4.15). The MJO was very weak
for November and December and moved from phase 4 to 8 then phase 1 to 4 between
January (red line, Fig. 4.15) and the last peak of the MHW at the end of February
(yellow line, Fig.4.15 with days of the month written on each line). Both the first and
last MHW peaks occurred during phase 4 (bottom right section of Fig. 4.15), which is
in accordance with the results from Zhang et al. (2017). The active MJO phase over
northern Australia (phase 4-5) corresponds to a burst in monsoon strength (Fig. 4.14a).

Figure 4.15: MJO phase diagram for the months of December 2012 (blue), January
2013 (red) and February 2013 (yellow); the numbers next to the lines denote the day
of the month, while the numbers 1-8 on each section denote the MJO phase.
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Fig. 4.13 shows that negative SLP anomalies occurred over the NWS after
November and a centre of positive anomalies formed over the continent, which is
particularly strong in December when the wind anomalies were the strongest and the
MHW is developing. The regions of low monthly mean SLP anomalies in January and
February appear to be in conjunction with TCs Narelle and Rusty passing over the
NWS (Fig. 4.1). The SLP anomalies, however, may contribute to the wind anomalies
that drove the ocean advection anomalies.

4.8 Summary and discussion
A MHW developed during Australian summer 2012/2013 north of the North
West Cape over the NWS. Its evolution and hydrodynamic drivers were studied using
a numerical model based on the ocean model ROMS, focusing on the inner shelf north
of the North West Cape. The 2012/2013 MHW developed rapidly during the first half
of December.

Heat budget analysis shows that the rapid rise in upper ocean

temperature was due to positive advection anomalies (contributing 44 % of the
temperature anomalies during the fast warming period) and net air-sea heat flux
anomalies, driving increased heat flux into the ocean and contributing 41 % of the
anomalies, possibly associated with the delayed onset of the Australian monsoon
(Godfrey & Ridgway, 1985; Holloway, 1995). Comparing summer 2012/2013 with a
7-year model climatology, there was a decrease of advective cooling during summer
and a decrease in vertical mixing (which normally entrains colder water up), which
played a key role in maintaining the warm anomalies on the shelf. A MLD temperature
budget would follow the SST variability more closely as a shallower MLD during the
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2012/2013 austral summer could provide a positive feedback to increase the SST
anomalies, which is not analyzed in this study. The shallow MLD and stronger near
surface stratification would reduce the cooling effect from vertical mixing during the
evolution of the MHW. The delayed onset of the Australian monsoon, which usually
begins around December 13, could have resulted in weaker north-easterly winds
during the December 2012. These wind anomalies forced an anomalous southwestward flow over the NWS, bringing warmer northern waters to the region. Reduced
wind speed is also responsible for reduced vertical mixing and MLD, which then
contributes to warming.
Overall, the development of the 2012/2013 MHW over the inner NWS
occurred during a non-canonical Ningaloo Niño (Feng et al., 2015). The anomalous
warming on the NWS was not canonical, according to the Ningaloo Niño composite
during the austral summer (Kataoka et al., 2014). In fact, during summer 2012/2013
the peak warming anomalies remained mostly confined in the region north of North
West Cape, without extending to the southern part of the coast. Furthermore, while a
Ningaloo Niño event is often connected to La Niña in the Pacific, during summer
2012/2013 ENSO was in a neutral state. During winter 2012 a positive IOD event
occurred and, although Zhang et al. (2018) showed there could be a correlation
between positive IOD phase the previous winter and the development of a MHW along
the west coast, there is no evidence of this in the November temperature anomalies.
This could be due to a shorter IOD phase in 2012, but further analysis is needed to
confirm this.
The development of the MHW event could be attributed to the delayed onset
of the Australian monsoon, which drove weaker winds over the NWS region during
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December compared to the climatology upwelling favourable winds that usually
develops during December. The alongshore current in the region, which contributed
to the advection of warm water into the region, could also be driven by remote wind
forcing from the Kimberley coast (Marin and Feng, 2019) and may have had a stronger
effect during January. As shown in Fig. 4.10, SLP anomalies during December could
correspond to a locally amplified Ningaloo Niño described by Kataoka et al. (2014),
which happens when warm SST anomalies produce low SLP anomalies, triggering
northerly wind anomalies that cause downwelling anomalies and further increase
warming. However, it is not clear yet if the MHW event on the NWS involved local
air-sea coupling, as in a locally amplified event. Our uncoupled regional ocean model
results suggested that the air-sea heat input during the developing stage of the MHW
played a crucial role in causing ocean temperature warming off the coast. We have
used a flux correction as a proxy for the atmospheric feedback., but a regional coupled
ocean-atmosphere model may better capture the feedback of atmospheric response to
the MHW on the air-sea fluxes during MHW evolution and the influence of remote
wind forcing from the Kimberly coast. Moreover, in our model the energy inflow of
the baroclinic internal tides could be underestimated as the region considered does not
include all the tides generation sites in northern part of the NWS, which could
influence the generation of internal waves in the Pilbara region (Rayson et al., 2021).
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Chapter 5. Tropical Cyclone Ocean Impacts
on Australia’s North West Shelf
5.1 Introduction
The NWS of Australia is affected by the passage of several TCs every year
(Dufois et al., 2018; Harper et al., 2008). TCs have strong effects on the ocean thermal
balance of a wide region beneath and around the track (Price, 1981), which differ from
basin to basin (Mei et al., 2015), depending on the typical pre-TC ocean conditions
such as the typical MLD and thermal stratification.
The effects of TCs over the NWS of Australia have been studied mostly in
relation to sediment transport over the region and their ability to trigger strong internal
waves at the shelf edge (Davidson et Holloway, 2001; Rayson et al., 2015). The
thermal changes and temperature anomalies induced by a TC have been studied for
four specific cases by Rayson et al. (2015). Davidson and Holloway (2001) used a
numerical model to study the temperature changes over the shelf region induced by
the passage of TCs moving parallel and perpendicular to the coast at several distances.
However, a general study of average thermal changes induced by TCs over the ocean
in the NWS region is still missing. Here, we use a composite approach to study average
ocean response to TCs in the NWS region.
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5.2 The TC composite
To produce the composites of TCs off the North West coast of Australia, 20
years of BRAN data from 1996 to 2016 were studied. The sample included 85 different
TCs that passed over the region between 105° and 130°E and 5° to 30° S (Fig. 3.7).
As every data point on the TC track is considered separately, this leads to 1396 TC
data points used to build the composite.
Of all the TC data points on the NWS, 459 were located over the shelf
(bathymetry < 200 m) and 937 were over the deeper ocean with depths reaching to
7000 m (Fig. 5.1b). The distribution of water depths below the centre of the TC for
shelf data points and deep ocean data points is shown in Fig. 5.1. TC data points
located over the shelf have an average depth of 67 m and are mostly over bathymetry
< 100 m (Fig. 5.1a). One tenth of the locations over the deep ocean are closer to the
shelf edge and have bathymetry < 500 m (Fig. 5.1b).

Figure 5.1: Distribution of the bathymetry below TC locations: (a) over the shelf; and
(b) over the deep ocean.
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The TC season over the NWS of Australia occurs during the warm season
between November and May. The distribution of TC data points over the deep ocean
by month is shown in Fig. 5.2. Of the cases studied, most are related to TCs that
occurred in March (> 300 locations), while around half occurred in the other months
between December and April. As the recovery of the temperature anomalies is
influenced by the seasonal cycle of temperature, the locations are divided into
warming season - for TCs between November and February - which recover when the
surface temperature of the water is still warming due to the increased summer solar
fluxes, and cooling season - for TCs during or after March. There are 434 TC locations
representing warming season TCs and 483 during the cooling season.

Figure 5.2: Monthly distribution of deep ocean TC data points.
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The ocean thermal changes due to the passage of a TC depend strongly on the
TC characteristics, in particular intensity and translation speed. Fig 5.3a shows the
distribution of TC intensity considered in the composite for TC data points located
over the deep ocean. The number of TC data points for each category decrease with
increasing intensity, as weak TCs (Cat 1-2, 630 data points) are more common than
strong TCs (cat 3-5, 306 data points). The distribution of TC locations with different
translation speeds over the deep ocean (Fig. 5.3b) peaks between 3 and 4 m/s. The
threshold for slow-moving and fast-moving TCs is set at 4 m/s, as this is the average
translation speed of the composite TC data points. There are 460 slow-moving TC data
points and 477 fast-moving TC data points.

Figure 5.3: Distribution of: (a) TC intensity; and (b) TC translation speed for the data
points over the deep ocean.

The presence of a barrier layer, which exists where a strong halocline (and
hence density gradient) is present above the thermocline and the ML does not
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correspond to the isothermal layer (Chi et al., 2014), prior to the passage of a TC
inhibits vertical mixing and entrainment between the surface layer and the colder water
underneath. Fig. 5.4a shows the average barrier layer distribution during the TC
seasons (between December and March) calculated using a 20-year climatology. The
regions with a deeper barrier layer - where mixing is expected to be more significantly
reduced - are located mostly over the northern part (equatorward of 12°) and over the
open ocean on the western border of the study region (Fig. 5.4a). Closer to the shelf
edge the barrier layer is shallower and TC induced mixing is expected to increase. The
missing data points near the coast in Fig. 5.4a occur where the bathymetry is shallow
enough that the water column is well mixed. Figure 5.4b shows the distribution of the
thickness of the barrier layer for TC locations over the deep ocean. The threshold for
a deep barrier layer is set at 5 m and there are 472 Tc locations over a shallow barrier
layer before the TC passage and 365 TC locations over a deep barrier layer.

Figure 5.4: (a) Average barrier layer during the TC season (December-March); and (b)
barrier layer distribution for all deep ocean TC data points. The missing points near
the coast in (a) are located where the bathymetry is shallow and the water is well mixed
through the water column.
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However, the presence of a shallow or deep barrier layer is related to the season
in which the TC occurs (Table 5.1). In fact, during the warming season, more than 70%
of the TC data points occur over shallow barrier layer regions before a stable
stratification develops in the ocean, while during the cooling season approximately 50%
of the TC data points occur over shallow barrier layer regions and 50% occur over
deep barrier layer regions (Table 5.1).

Table 5.1: Number of TC data points occurring over shallow and deep barrier layer
regions during the warming and cooling seasons.
Shallow barrier layer

Deep barrier layer

Warming season

325

129

Cooling season

247

235

5.3 General case
A 20-year composite of TCs over the North West of Australia is calculated
from 1396 TC data points from 1996 to 2016. All composites are calculated relative
to a fixed geographic location in order to investigate the ocean response and recovery
after the TC has passed. The day on which the TC passes over the fixed geographic
location is defined as Day 0 and daily composites are calculated over that location for
up to 30 days after the TC passage. For comparison, all temperature composites are
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calculated as an anomaly relative to the ocean state 2 days prior to the TC passage and
the seasonal mean is also removed from the data prior to compositing.
The cross-track SST anomalies compared with 2 days prior to the passage of
the TC are shown in Fig. 5.5. The horizontal line indicates the time the TC is located
in that position (Day 0) and the vertical line at “0 km” indicates the centre of the TC,
with the cross-section extending 1000 km to the left and right of the centre of the TC.
On average, the surface cooling begins just prior to the day of the cyclone passage
(Day 0) as the front quadrant of the TC begins to encroach on the area. Maximum
surface cooling occurs from Day 4 to Day 6. Subsequently, the surface begins to
recover quite rapidly through Day 17 then more slowly after that. However, in the
month following the passage of the TC the cold SST anomalies beneath the track never
fully recover to the pre-TC values (Fig. 5.5). The area of surface cooling extends over
600 km to each side of the track with maximum cooling within 100 km from the TC
centre (Fig. 5.5). The cooling is slightly asymmetric with respect to the track with
maximum SST cooling shifted slightly towards the left of the track. At the sides of the
track, warm SST anomalies develop (Fig. 5.5). On the left side, warm anomalies start
to develop beyond 800 km away from the track during the TC passage at Day 0 and
Day 1 (Fig 5.5) and are still present at Day 30.
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Figure 5.5: Cross-track Hovmoller diagram of SST anomaly (contours every 0.1 °C)
relative to 2 days prior to the passage of the TC over time, composited for 20 years of
TCs (1396 data points). The negative distances indicate the left of track and the
positive distances are right of track.

On the day of the TC passage over the region (Day 0) there is strong heat loss
from the ocean toward the atmosphere (Fig. 5.6e, negative heat flux cools the ocean
and positive flux warms the ocean), which contributes to the development of the SST
cold anomalies in Fig. 5.5. The heat loss into the atmosphere is asymmetric with
respect to the track of the cyclone with a greater heat loss on the left of track (Fig.
5.6e). On Day 0, the incoming shortwave solar radiation is reduced within the region
covered by the TC clouds (Fig. 5.6a), the longwave radiation heat loss is reduced
within the region covered by the TC during its passage (Fig. 5.6b) and the latent and
sensible heat loss towards the atmosphere is enhanced (Fig. 5.6c and d). In particular,
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the latent heat flux loss is large enough to overcome the shortwave radiation reduction
and it is stronger particularly over the left of the track, where the cyclone winds are
maximised due to the alignment of the wind direction with the direction of movement
of the cyclone (Fig. 5.6c). During the month following the TC passage, the net heat
coming into the ocean (positive values in Fig. 5.7) contributes to the recovery of the
temperature anomalies. In fact, while during the TC passage the net heat flux within
400 km from the track is negative and the ocean loses heat to the atmosphere (Fig.
5.6e and 5.7), from Day 2 the net heat flux returns positive in the region around the
track. The positive net heat flux coming into the ocean drive warming at the ocean
surface and drive the recovery of the cold anomalies (Fig. 5.5).
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Figure 5.6: Components of the heat flux on Day 0 over the region: (a) Shortwave radiation; (b)
latent heat flux; (c) longwave radiation; (d) sensible heat flux; and (e ) net heat flux. Positive
values represent heat warming the ocean and negative values represent heat loss from the ocean
to the atmosphere.
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Figure 5.7: Cross-track Hovmoller diagram of the net heat flux (contours every 50
W/m2) over time, composited for 20 years of TCs (1396 data points). Positive values
represent heat warming the ocean and negative values represent heat loss from the
ocean to the atmosphere.

The daily cross-section of temperature anomalies is shown in Fig. 5.8, the
temperature daily rate of change in Fig. 5.9, and divergence and currents in Fig. 5.10
for the first 10 days after the TC passage. Within the ML the cooling extends
horizontally to 800 km and reaches its maximum around day 4 to 6 (Fig. 5.8), with the
maximum cooling rate occurring on the day of the TC passage (Day 0) and the day
after (Day 1) and less cooling continuing up to Day 5 (Fig. 5.9). In the ML, horizontal
currents appear to be much stronger and opposite in direction to the subsurface
currents, indicating a strong vertical shear between the ML and the thermocline (Fig.
5.10). Strong vertical shear is expected to cause vertical mixing between the surface
and the subsurface water below the ML and drive extensive surface cooling (Price,
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1981; Shay et al., 1989). Below the ML, the majority of the cooling occurs within 200
km of the centre of the TC (Figs. 5.8 and 5.9). At depth, the cold anomaly is stronger
under the location where the initial surface divergence and upward currents are
strongest, suggesting that the majority of the cooling under 100 m is due to the
upwelling of cold water rather than vertical mixing (Figs. 5.9 and 5.10). The upwelling
is due to near-surface horizontal currents (Fig. 5.10) that produce strong divergence in
the ML (0-40 m) and weak convergence below through a deep layer (from 50 to 500
m) driving Ekman pumping below the inner core of the TC (Fig. 5.10). Upwelling is
strongest during Day 0 and Day 1 and is maximized right-of-track (Fig. 5.10). The
stronger vertical currents during Day 0 and 1 coincide with the maximum cooling rate
through the whole water column (Fig. 5.9). The recovery of temperatures below 100
m from Day 2 to 8 is accompanied by downwelling through the water column (Figs.
5.9 and 5.10). Stronger downward vertical currents occur every 5-6 days at the same
time when the warming rate is stronger (Days 4 and 10 in Figs. 5.9 and 5.10).
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Figure 5.8: Cross-section temperature anomaly (contours every 0.1 °C) from the day before the TC
passage to 10 days after, composited for 20 years of TCs (1396 data points).

109

Figure 5.9: Cross-section of the daily rate of change of temperature (contours every 0.1 °C/day) from
the day before the TC passage to 10 days after, composited for 20 years of TCs (1396 data points).
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Figure 5.10: Cross sections of divergence (shaded) and currents (vectors) from the day before the TC
passage to 10 days after, composited for 20 years of TCs (1396 data points). The vertical component
of currents is magnified by 103 to help visualize the upward and downward movements.
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Outside of 200 km of the TC centre substantial warming occurs below the ML
(Figs. 5.8 and 5.9). This warming begins on the day prior to the arrival of the TC in
the centre of the cross-track section and the positive warming rate lasts until
approximately Day 6 after its passage (Fig. 5.9). The maximum warming is located at
a depth between 100 and 200 m on the left of track, where the current shear between
the ML and the subsurface is the strongest, and strong vertical mixing and ML
entrainment likely occur (Figs. 5.9 and 5.10). Furthermore, weak downwelling in the
region further from the TC centre compensating for the strong upwelling immediately
below, could further contribute to the warming at the sides (Figs. 5.9 and 5.10).
Fig. 5.11 shows the cross-track temperature changes over time at specific
depths to further investigate the different processes occurring within the water column.
The central cold temperature anomalies decrease in area and intensity at increasing
depths. Near the surface, colder temperature anomalies are shifted towards the left of
track (Figs. 5.11a and 5.5), but between 95 and 195 m the colder region appears
towards the right of track (Figs. 5.11c-e and 5.8). Cold anomalies beneath the track
begin to decrease after Day 5 at every depth with different recovery rates: recovery is
faster at 286 m (Fig. 5.11f) but between 95 and 195 m the recovery is slower than at
the surface (Fig. 5.11c, d and e). At the sides of the track warm anomalies appear at
48 m depth over the left side and at 95 m depth over the right side (Fig. 5.11b). These
warm anomalies build up earlier and are stronger over the left of the track between 48
and 145 m (Fig 5.11b, c and d). After Day 10, the time derivatives of the warm
anomalies left of track are nearly zero and the warm anomalies are still present in the
region 30 days after the TC passage (Fig. 5.11), taking much longer than the central
cold anomalies to dissipate.
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Figure 5.11: Cross-track Hovmoller diagram of temperature anomaly (contours every 0.1 °C) relative
to 2 days prior to the passage of the TC over time, composited for 20 years of TCs (1396 data points)
at increasing depths.
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Cross-track vertical currents over time are shown in Fig. 5.12. On Day 0 there
is strong upward vertical motion under the track, between 200 km at the left of the
track and 400 km at the right of it (all depths, Fig. 5.12). This strong upward vertical
motion at all depths is consistent with the location of the colder anomalies towards the
right of the track at depths of 48 m and below shown in Fig. 5.11 and can also be seen
in the vertical velocities shown in Fig. 5.12b, c, d, e and f), where the upwelling of the
isotherms is expected to be the stronger cooling mechanism. At the sides of the strong
upwelling region, the behaviour is quite different on each side of the track. On the left,
at more than 300 km from the TC centre the vertical velocity on Day 0 is downward
(Fig. 5.12b, c, d, e and f), possibly due to some downwelling motion that compensates
the upwelling below the track. To the right of the track, the vertical velocity on Day 0
is upward as far out as 800 km, although it is weaker than below the track (Fig. 5.12b,
c, d, e and f). From Day 3, the upwelling below the centre switches to a downward
current that remains for over 30 days after the TC passage (Fig. 5.12c, d, e and f). This
downward motion under the track from Day 3 likely drives the fast recovery of the
cold anomalies at depths below 195 m (Fig. 5.11e and f) where downwelling is
strongest and air-sea fluxes (which drive the recovery at the surface) do not penetrate.
Beyond approximately 400 km from the centre, the general downward current on the
left of the track and upward current on the right remains through the 30-day period
(Fig. 5.12c, d, e and f).
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Figure 5.12: Cross-track Hovmoller diagram of vertical velocity (contours every 0.2 x10-6 m/s) over
time, composited for 20 years of TCs (1396 data points) at increasing depths.
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The change in MLD induced by the passage of the TC is shown in Fig. 5.13.
As the cyclonic winds approach the region at Day -1 the MLD increases on both sides
of the track at distances further than 200 km from it (Fig. 5.13) where the vertical shear
of horizontal currents drives vertical mixing (Fig. 5.9). Beneath the TC centre,
lowering of the isotherms by mixing is contrasted by upwelling of the isotherms (Fig.
5.12), and there are no significant changes in the MLD (Fig. 5.13). In the month
following the passage of the TC, the MLD continues to deepen on the left of the track
(Fg. 5.13 a), which is in agreement with a general downwelling regime (Fig. 5.12b, c
and d). On the right of track, the MLD oscillates slightly, which is consistent with a
weak and variable upwelling regime on the right of track (Fig. 5.12). The general
deepening of the MLD in the period following the TC in Fig. 5.13 a, especially strong
on the left of track, is mostly due to seasonal effects which have not been removed.
The MLD anomaly compared to a 20-year climatology shows a greater MLD
deepening following the passage of a TC on the right of track, which recovers more
quickly than the MLD deepening on the left of track (Fig. 5.13 b). In fact, at Day 30
the MLD is recovered to the climatology values on the right of track, whereas between
200 and 600 km on the left of track, the MLD is approximately 4 m deeper than the
climatology (Fig. 5.13b). As the MLD criteria is based on a density threshold, TCrelated precipitation over the region could affect the deepening of the MLD as it
produces a fresher surface layer.
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Figure 5.13: Cross-track Hovmoller diagram of: (a) MLD; and (b) MLD anomaly to
20-year climatology over time, composited for 20 years of TCs (1396 data points).
Contours every 2 m.
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Fig. 5.14 shows a composite of the vertical velocity, temperature anomalies,
and divergence of horizontal currents averaged within 100 km of the TC centre, where
the stronger cooling occurs. Fig. 5.14a shows the composite down to 2000 m depth
and out to 30 days after the TC passage and Fig. 5.14b shows more detail down to 500
m and to Day 15. TCs trigger a strong current response in the column directly beneath
the TC inner core typically out to 200 km at the left of track and 400 km at the right
of it (Fig 5.10 and 5.12), with divergence of horizontal currents at the surface during
Day 0 and Day 1 (Fig. 5.14b) which drives Ekman upwelling. Overall, the maximum
cooling appears to be confined in the first 500 m near the surface, while the upward
vertical currents reach deeper to 2000 m (Fig. 5.14a). Beneath the surface, the cooling
reaches its maximum extent earlier at deeper depths. For example, below 200 m the
maximum cooling occurs 2 days after the TC passage, while in the ML the cooling
increases through Day 4 (Fig. 5.14b, black contours). At depth, the maximum cold
anomaly is reached at the time when the vertical currents reverse from an upwelling
regime under the TC to downwelling (Fig. 5.14b). After Day 2 the divergence of
horizontal currents at the surface starts to diminish and reverse to convergence around
Day 4, driving the reversal of the vertical currents after Day 2 (Fig. 5.14b) to
downward, which reach 2000 m depth. At the surface, the cooling remains steady
until 10 days after the passage of the TC, while below 150 m the temperature starts to
recover around Day 5, alternating 2 days of stronger temperature increase with 2 days
no change which corresponds to periods of stronger convergence at the surface and
stronger downward vertical currents associated with the warming periods (Fig. 5.14b).
In the days following the TC it is expected that near inertial currents would
develop and last for several days, creating alternating patterns of convergence and
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divergence (Price et al., 1994; Shay & Elseberry, 1987). As the period of the inertial
oscillation depends on latitude and TC translation speed, the overall inertial signal is
expected to be significantly smoothed by the composite average. However, some
signal remains, with stronger convergence and associated downwelling seen in Fig.
5.14b.
It is apparent from Figs. 5.11 and 5.14 that the recovery time of the temperature
anomalies changes with depth. At the surface, the average e-folding time for the
temperature recovery to pre-TC conditions is approximately 20 days, while in the
subsurface between 100 and 150 m it is 25-30 days (Fig. 5.14c). Below 200 m depth
the e-folding time decreases with depth. The faster recovery at the surface and at
depths below 200 m is driven by different processes. At the surface, the recovery is
driven by air-sea fluxes which heat the surface faster than the subsurface (Fig. 5.15).
At depth, where the temperature anomalies are driven by the upwelling during the TC
passage, the recovery is expected to be driven mostly by downwelling in the following
days. This process could be the reason for the fast recovery below 300 m, where the
maximum cold temperature anomalies are small (< 0.1°C, Fig. 5.14a and b) and
recover as soon as the upwelled isotherms relax. Between 50 m and 200 m, where the
solar radiation warming is low, but the cooling driven by the cyclone passage is still
significant, the downwelling takes longer to recover the temperature anomaly and the
e-folding time for the recovery reaches 30 days (Fig. 5.14b).
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Figure 5.14: Depth-time cross-section of temperature anomalies (units: °C, black contours every
0.1°C), vertical velocities (units: m/s, shading), and divergence (units: x 10-8 s-1, red (+ve) and blue
(-ve) contours every 2 x10-8 s-1) averaged over a 100 km radius circle centred on the TC for: (a) 30
days after the TC up to 2000 m depth; (b) 15 days after the TC up to 400 m depth; and (c) the efolding time for the temperature recovery at different depths.
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Fig. 5.15 further illustrates the connection between SST recovery at the surface
and air-sea heat fluxes. From Day -2, when the TC clouds start to affect the area, the
solar radiation and consequently the net heat flux entering the ocean start to diminish,
with a negative peak on Day 0 and a recovery period up to Day 4. Between Day -1 and
Day 2 the net heat flux is negative, as the heat loss towards the atmosphere from
longwave, latent and sensible components are greatest (Fig. 5.6 for Day 0). A negative
net heat flux at the surface drives an SST reduction, which is further enhanced by
current-driven mechanisms such as upwelling and ML entrainment. After Day 5, the
SST starts to recover at a faster rate until Day 15 and then more slowly afterwards.
During this time (after Day 5), the shortwave heat flux is almost constant, while the
net heat flux has a maximum between Day 5 to 10, then starts to decrease. The
reduction of the net heat flux is to be expected: warmer SSTs increase latent heat loss
to the atmosphere. There is good agreement between SST recovery being faster when
the net heat flux is higher and slower, as the net heat flux entering the ocean diminishes
(in accordance with Price et al., (2008) analysis).
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Figure 5.15: SST anomalies (blue line), net (full red line) and shortwave heat flux
(dashed red line) change in time averaged over a 100 km radius circle centred on the
TC centre. The net heat flux is positive as it warms the ocean and negative as it cools
it. The positive shortwave heat flux is the amount of solar radiation entering the water
at the ocean surface.

In summary, the passage of a TC over the NWS region triggers a strong
temperature and current response over the ocean. TCs drive strong cold anomalies
beneath the track and over a large surrounding surface area. These strong cold
anomalies do not fully recover in the 30 days following the TC. Warm anomalies in
the subsurface at the side of the track continue to increase in the month following the
TC passage.
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5.4 Comparison between the deep ocean and continental shelf
The NWS is characterised by a large shallow continental shelf area, and the
effect of a TC over the shallower shelf is expected to be different from that over the
deep ocean. Thus, this analysis separates the locations into over the shelf (< 200 m
depth, 459 data points) and those located over the deep ocean (> 200 m depth, 937
data points).
Figs. 5.16 and 5.17 show that in general the cold anomalies are wider, extend
deeper and are greater on the shelf (left columns of Figs. 5.16 and 5.17) compared
with over the deep ocean (right columns). At the surface, the area of maximum cooling
is shifted further to the left of the track for shelf data points compared with the deep
ocean data points, and it is wider, expanding to 200 km on both sides of the track for
shelf data points compared to 100 km on both sides for deep ocean data points (Fig.
5.16a and b). At 100 m depth, the cold anomalies beneath the track are larger for the
TC data points over the shelf, while the warm anomalies on the sides of the track cover
a larger area for deep ocean data points, especially over the right of the track (Fig.
5.16c and d). Furthermore, over the deep ocean the temperature anomalies diminish
with depth, on the shelf at around 100 m deep there is an area where the cooling is
lower than in the layer below (Fig. 5.17a, b). The larger cooling on the shelf below
100 m corresponds to strong upward vertical currents in the deeper layers (Fig. 5.16c,
d, e and f and 5.16a and b), suggesting that the colder wake at depth could be driven
by upwelling along the shelf edge. The cooling is most evident 2 days after the TC
passage, when the strong upward vertical currents driven by the TC passage start to
diminish.
123

Figure 5.16: Cross-track Hovmoller diagram for shelf (left column, 459 TC data points) and deep
ocean (right column, 937 TC data points): (a), (b) SST anomalies; (c), (d) temperature anomalies at
100 m depth (contours every 0.2 °C); and (e), (f) vertical currents at 100 m depth (contours every 0.5
x10-5 m/s).
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Figure 5.17: Depth-time cross-sections averaged over a 100 km radius circle centred on the TC to
200 m depth for shelf (left, 459 TC data points) and deep ocean (right, 937 TC data points) data points:
(a), (b) temperature anomaly (black contours every 0.1 °C); vertical velocities (shaded, units: x 10-5
m/s) and divergence (units: x 10-8 s-1, red (+ve) and blue (-ve) contours every 2 x10-8 s-1); and (c), (d)
the standard deviation of temperature (shading, Units: °C).
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The interaction of the TCs with the shallower shelf region produces stronger
upwelling below 100 m depth between Day -1 and Day 2 and is likely the reason that
more cooling occurs over a larger horizontal and vertical area. There is higher
variability below 100 m depth for shelf data points (Fig. 5.17c). This is possibly
because the average bathymetry of the TC locations over the shelf is around 70 m and
below 100 m depth a lower number of data points is included in the composite.
Furthermore, the TC data points over the shelf that have bathymetry close to 200 m
are likely close to the shelf edge, where strong upward or downward currents could
develop along the slope. In fact, the noisier pattern of the vertical currents along the
shelf edge could be dependent on the direction that the cyclone moves, which impact
the oceanic response as the wind induced currents interact differently with the shelf
slope (Davidson and Holloway, 2001). Because of this, it could be necessary to study
each TC trajectory and the response of the shelf currents separately.
The e-folding temperature recovery time is slightly higher at the surface for
shelf data points (Fig. 5.18), perhaps due to more intense cooling that develops over a
larger area (Fig. 5.16a and c). For shelf data points, the subsurface recovery time is
only slightly higher than at the surface because the water is often well mixed and the
solar heat flux that drives the recovery is redistributed over the whole water column
by tides and shelf currents. Near the shelf bottom (below 120 m) the e-folding time
appears to be much shorter than at the same depth for the deep ocean cases (Fig. 5.18).
The faster recovery of the cold anomalies over the shelf at these depths could be due
to the strong downward currents that develop along the shelf following the strong
upwelling and that quickly restores temperatures to pre-TC conditions (Fig. 5.17a).
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Figure 5.18: e-folding time for the temperature recovery at different depths for shelf
and deep ocean data points.

5.4.1 TC direction of motion over the continental shelf
To study the effect of the direction of motion on the shelf a smaller region
(110°-127° E ,13°-22°S) has been considered (Fig. 5.19). Within this smaller region,
the coast was approximated by a straight line and the data points where the TC was
moving parallel to the coast and toward the south-west (± 20°) and perpendicular to
the coast and towards the coast (± 20°) were composited separately (Fig. 5.19). There
are 341 data points where TCs moved parallel to the coast, of which 108 are on the
shelf edge (bathymetry < 200 m), and 107 data points where TCs moved perpendicular
to and towards the coast, with 53 over the shelf edge.
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Figure 5.19: TC data points for TCs moving in proximity to the shallow region for (a)
TCs moving perpendicular; and (b) TCs moving parallel to the coast. Bathymetry
contours are at 30 m, 100 m, 200 m (thick line), 500 m, and then every 1000 m below
1000 m.

The data points over the shelf parallel or perpendicular to the coast are shown
in the composite in Fig. 5.20. There are no data beyond 200 km on the left of track for
TCs moving parallel to the coast due to the proximity to the coast. At the surface, the
temperature anomaly composite (Fig. 5.20a and b) shows greater variability with the
distance from the track for TCs that move perpendicular toward the coast, which may
be due to variations in the bathymetry the TC passes over, or more generally the
stronger horizontal currents over the shelf.
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Figure 5.20: Cross-track Hovmoller diagram for TCs moving perpendicular (left column, 53 TC
data points) and parallel (right column, 108 TC data points) to the coast: (a), (b) SST anomalies;
(c), (d) temperature anomalies at 100 m depth (contours every 0.2 °C); and (e), (f) vertical currents
at 100 m depth (contours every 1 x105 m/s).
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5.4.1.1 TCs perpendicular to the coast
TCs moving perpendicular toward the coast develop maximum SST cold
anomalies directly beneath the TC centre approximately 5 days after the TC passage
(Fig. 5.20a), which are slightly stronger than for the “all TCs” composite (Fig. 5.5).
The maximum SST anomaly is initially asymmetric to the left of track and then
switches to the right of track after Day 5. After Day 15, the cold anomalies beneath
the TC centre have recovered to values similar to those for all TCs. However, there is
an area of substantial warming to the left of track beyond 700 km beginning Day 0,
that expands inward to 400 km and intensifies after Day 5. In comparison, the “all TCs”
composite (Fig. 5.5) develops only very weak warming beyond 800 km on the left of
track beginning Day 0. There is also a slot of warming that develops on the right of
track near 650 km beginning Day 5, which steadily increases through Day 15 and it is
present until Day 25 (Fig. 5.20a). There is no similar right-of-track warming in the “all
TCs” composite.
At 100 m depth, TCs that move perpendicular to the coast produce a larger
variation of the temperature anomaly with the distance from the track and in time than
at the surface. While this is still likely to be because of the lower number of data points
considered in the composite, there are also strong internal tides and cyclone induced
internal waves that can last several days after its passage that may affect the composite
structure (Davidson and Holloway, 2003). In general, at 100-m depth the largest
temperature cold anomaly is still located beneath the TC centre (Fig. 5.20c) coincident
with the surface anomaly. Strong upwelling out to 400 km either side of the TC track
from Day 0 to Day 3 drive the central cold anomalies (Fig. 5.20e). After Day 3 the
vertical currents reverse to downward in bands. This alternating pattern of upward and
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downward motion with the distance from the track has a wavelength of approximately
100 km and could be due to internal waves that are not completely averaged out in the
composite and in BRAN daily output, due to the low number of TC data points in the
composite. There is a secondary cold maximum on the right-of-track at 100-m depth
that coincides with the shift of the temperature asymmetry at the surface to right-oftrack after Day 5. This secondary maximum, which is located near 200 km from the
centre coincides with strong upwelling at that radius that remains in place through Day
15 (Fig. 5.20e). The warming on the left of track is also evident at 100 m depth
although it is located closer to the TC centre and exhibits a strong lateral banding
structure coincident with the bands of upwelling and downwelling after Day 3. At 100
m depth the warming on both sides of the track decays slowly and it is still strong after
30 days from the TC passage (Fig. 5.20c).
5.4.1.2 TCs parallel to the coast
TCs that move parallel to the coast develop SST cold anomalies with two peaks
near Day 4, one on each side of the track (Fig. 5. 19b). These peaks are located closer
to the coast, where the shallow shelf depth allows the cooling to occur more rapidly
and to a greater extent, and just off the shelf edge (situated on the right of track), where
the cold water upwells along the edge. The right-of- track anomaly decreases over
time, similar to the general shelf case. However, the left-of-track anomaly maintains
intensity over time through Day 12 perhaps because of enhanced upwelling driven on
the coast due to the orientation of the TC winds along the coast.
To confirm the locations of the two peaks in Fig. 5.20b, Fig 5.21 shows the
SST anomalies for shallow TC data points with bathymetry < 30 m situated along the
coast (Fig. 5.21c) and for TC data points along the shelf edge (with bathymetry
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between 100 and 200 m depth, Fig. 5.21d). TC data points over shallow water present
a strong peak under their track (Fig. 5.21a) where the bathymetry is shallow and the
water cools easily, and a smaller peak at around 100 km over the right of the track,
where the shelf edge is located and the cold water is upwelled. TC data points along
the shelf edge (Fig. 5.21d) show a peak on the left of track, where the coast and shallow
water is situated and a larger peak beneath the track and slightly on the right of it,
where the shelf edge is located (Fig. 5.21b). Furthermore, for data points over the shelf
edge (Fig. 5.21b) the temperature anomaly beneath the track reaches its maximum
around Day 10 and lasts longer than for the general case, suggesting the development
of a long-lasting upwelling along the shelf slope. The cold anomalies are stronger and
cover a larger region on both sides of the track for TC data points over the shelf edge,
likely due to the strong convergence that develops at the bottom of the shelf slope
which triggers strong upwelling of colder water along the slope. Although the coarser
resolution BRAN data do not permit further study into the detailed development of
temperature anomalies over the shelf edge, this analysis does confirm that the spatial
pattern of the temperature anomalies that develop following a TC that passes over the
shelf and parallel to it depends also on the distance from the coast and the underlying
bathymetry (Davidson and Holloway, 2001).
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Figure 5.21: (a), (b) Cross-track Hovmoller diagram of SST anomalies (contours every 0.2 °C) in
time; and (c), (d) map of the location of the data points on the NWS for TCs moving parallel to the
coast for bathymetry shallower than 30 m (left column, 22 TC data points) and near the shelf edge
with bathymetry between 100 and 200 m (right column, 25 TC data points).
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TCs that move parallel to the coast exhibit increasing cold temperature
anomalies at 100 m depth, which reach a maximum between Day 8 and 10 (Fig. 5.20d).
These anomalies are stronger than at the surface and reach up to more than 1.2 °C and
are located just to the left of the track and are likely bounded by the presence of the
shelf edge and rising sea bottom in that location. Strong vertical currents lie across the
TC track from the coast on the left-of-track to 400 km to the right-of track at Day 0 to
Day 2 (Fig. 5. 19f) supporting the initial development of the cold anomaly from the
coast out to approximately 400 km and from 100-m depth to the surface. The strong
upward vertical currents continue along and to the left of track through Day 30 except
for a thin ribbon of relatively strong downwelling that develops at 50 km on the sides
of the track after Day 6. The very strong upwelling and cooling that occurs on and leftof-track to the coast possibly explains the longer duration of the cold anomalies at 100
m depth beneath the track and could have implications for the ecologically sensitive
littoral zone along the NWS. Strong warm anomalies at 100 m depth also develop on
the right of track corresponding to the SST warm anomalies (Fig. 5.20b), although
they develop from Day 0 at 100 m, with a similar patter to the general case on the right
of the track (Fig. 5.11c). These anomalies are likely located over the open ocean rather
than on the shelf and they could be due to the weak downwelling motion away from
the track that develops to compensate the strong upwelling beneath it, as in the general
case.
In summary, although BRAN does not allow a detailed study of the TCinduced currents and temperature anomalies over a shallow bathymetry, it is clear that
TC data points over the shelf present different behaviour depending on the direction
of movement compared to the shelf edge (Davidson and Holloway, 2001). In particular,
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TCs that move south-westward parallel to the coast develop much stronger cold
anomalies beneath the track, especially at 100 m depth and strong upward currents
beneath the track that last for up to 30 days after the TC passage.
5.4.2 Deep Ocean TCs moving parallel to the shelf
As shown in the previous section, the presence of the continental shelf has
considerable impacts on the ocean conditions associated with TCs moving parallel to
the coast. A question arises whether the orientation of the NWS affects the ocean
processes over deep ocean locations. To explore this a little further, deep ocean TC
data points moving parallel to the coast in the region (110° - 127° E, 13° - 22°S) are
divided into data points at locations within 200 km from the coast, between 200 and
400 km from the coast and at more than 400 km from it (Fig. 5.22a, b and c).
As the cyclone passes parallel to the shelf at distance, the cyclonic winds at
distance to the left of track (where the shelf is located) are predominantly northeasterly parallel to the coast, driving Ekman downwelling because of the wind-coast
interaction. Enhanced warming at depth is produced on the left of track by TCs that
move parallel to the shelf compared to the general population (Fig. 5.22g-l compared
to Fig. 5.11c, f). This enhanced warming is more significant at 300 m depth for TCs
that pass further away from the coast and it is correlated with strong downward
currents over the left of track at 100 m depth (Fig. 5.22i, l and o). This is possibly due
to the north-easterly TC winds over the left of track at distance over the shelf edge,
that are weaker but last for longer and drive downwelling for a longer time, although
with a limited sample (87 TC data points) it can’t be excluded that this could be due
to the effect of some particular strong TC. There is not much warming signal over the
left of the track at depth for data points very close to the shelf slope (Fig. 5.22a, g, j),
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as the coast is too close on that side and the bathymetry too shallow. At the surface, at
more than 600 km to the left of the track, the SST anomalies driven by TCs that pass
further from the coast are positive from Day 0 and Day 2 before starting to decrease
after Day 3 (Fig. 5.22f). The decrease of SST is concurrent with an increase in
temperature anomalies at depth further than 200 km on the left of the track (Fig. 5.22f,
i, l), which suggests that there is significant mixing on the left of track in the days
following the TC passage. The mixing near the shelf edge could be enhanced by the
strong internal waves, which are not fully captured by BRAN daily output. At 100 m
depth there is considerable warming extending from less than 200 km from the centre
of the TC to over 1000 km (Fig. 5.22k, l) driven by much stronger downwelling (Fig.
5.22n, o) compared with the general case (Fig. 5.12c). After Day 4 the vertical motion
pattern to the left of track shows a similar lateral downwelling, upwelling pattern
observed for the “on-shelf” TC data points (Figs. 5.22m, n, o, 5.20f) suggesting an
influence by internal waves generated by the continental shelf. While these shifts
affect the overall warming pattern on the left of track and closer to the coast at 100 m,
the general warming of the ocean remains through at least Day 30 after the TC passage.
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Figure 5.22: (a)-(c) Maps of TC data points with tracks moving parallel to the coast over the deep
ocean in the region (110° - 127°E, 13° - 22°S); Cross-track Hovmoller diagram of: (d)-(f) SST
anomalies (contours every 0.2 °C); (g)-(i) temperature at 100 m anomalies (contours every 0.2 °C);
(j)-(l) temperature at 300 m anomalies (contours every 0.2 °C); and (m)-(o) vertical velocity at 100
m depth (contours every 1 x 10-5 m/s in time for data points within 200 km from the coast (left column,
57 TC data points), between 200 and 400 km from the coast (middle column, 79 TC data points) and
at more than 400 km from the coast (right column, 87 TC data points).
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5.5 Impact of different seasons on the ocean temperature anomalies
recovery after the TC passage
To study the impact of the period of the year when the TC occurs on the ocean
recovery, the deep ocean TC dataset is divided into two seasons: 1) the “warming
season”, which occurs between November and February when the ocean temperature
is generally warming, and 2) the “cooling season”, which occurs after February, when
the ocean starts to cool down as autumn approaches. The recovery of the temperature
anomalies for TC data points during the warming season and cooling season changes
with depth (Fig. 5.23). At the surface the cold anomaly recovers faster during the
warming season, when the incoming solar radiation and the net heat flux entering the
ocean surface is higher (Fig 5.24). This is further confirmed by the anomaly to a 20year climatology of the net heat flux warming the ocean (Fig. 5.24a, b). In fact, during
the warming season the incoming shortwave radiation is higher and drives a faster
recovery at surface than during the cooling (Fig. 5.24c, d). Furthermore, after the TC
passage the latent heat flux losses are reduced compared to the climatology (positive
anomalies compared to the climatology, Fig. 5.24e and f), and the effect of the higher
shortwave radiation flux on the net heat flux into the ocean during the warming season
is enhanced. The e-folding recovery time within 100 km of the TC centre (Fig. 5.23g)
shows a difference of almost 10 days between the recovery time at the surface for
warming- versus cooling-season TCs. The difference in the e-folding recovery time is
much less between 100 and 150 m depth where the solar radiation effect in warming
the ocean is reduced. In fact, at 100 m depth the development of the cold anomalies
during the warming and cooling season is similar, although the maximum cold
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anomalies are slightly colder during the warming season and recover at the same time
than during the cooling season (Fig. 5.23c and d). Below 200 m depth the e-folding
recovery time decreases to less than 10 days in the cooling season. This may be
because the downwelling that drives the temperature recovery at depth is stronger
during the cooling season compared to the warming season when the wind regime
around the shelf edge could drive upwelling motion. This is confirmed by Fig. 5.25
that shows that the downward vertical currents that develop beneath the track after the
passage of a TC are stronger during the cooling season and that in general the vertical
currents at the side of the tracks following a TC are mostly upward during warming
season and downward during the cooling season.
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Figure 5.23: Cross-track Hovmoller diagram for: (a), (b) SST anomalies; (c), (d) temperature
anomalies at 100 m depth; and (e), (f) temperature anomalies at 300 m depth (contours every 0.2 °C)
in time for data points during warming season (left column, 454 TC data points) and cooling season
(right column, 483 TC data points); and (g) e-folding time for TC data points during the warming
season and during the cooling season.
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Figure 5.24: Cross-track Hovmoller diagram for: (a), (b) net heat flux; (c), (d) shortwave heat flux;
and (e), (f) latent heat flux (contours every 10 W/m2) in time for data points during warming season
(left column, 454 TC data points) and cooling season (right column, 483 TC data points). Anomalies
are calculated from the 20-year climatology.
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Figure 5.25: (a), (b) Depth-time cross-sections averaged over a 100 km radius circle centred on the
TC of temperature anomaly (black contours every 0.1 °C), vertical velocities (shaded, units: x 10-5
m/s) and divergence (units: x 10-8 s-1, red (+ve) and blue (-ve) contours every 2 x10-8 s-1); and (c) (d)
cross-track Hovmoller diagram of vertical velocity (contours every 0.2 x10-6 m/s) in time for data
points during warming season (left column, 454 TC data points) and cooling season (right column,
483 TC data points).

142

5.6 Strong versus weak and fast versus slow TC effects
The characteristics of the thermal changes induced over the ocean by a TC
depends strongly on the intensity and on the translation speed of the TC (Haackman
et al., 2019; Lin et al., 2017; Mei and Pasquero, 2013). Initially, the TC data points
were separated into 4 groups based on current Australian intensity categories
(Category 1 (17.5-24 m/s), Category 2 (25-32 m/s), Category 3 (33-44 m/s), Category
4 and above (> 44 m/s)) and into 4 groups depending on their translation speed (< 2
m/s, 2 m/s - 4 m/s, 4 m/s - 6 m/s, and > 6 m/s), for a total of 16 groups. The number
of TC data points included in the composite for each group is presented in Table 5.2.

Table 5.2: Number of TC data points included in the composite for each combination
of the 4 groups of translation speed and category.
Cat 1

Cat 2

Cat 3

Cat 4-5

0-2 m/s

68

22

28

22

2-4 m/s

115

100

66

56

4-6 m/s

131

112

63

57

>6 m/s

41

42

4

10

Fig. 5.26 shows the cross-track SST anomalies for the 30 days following the
TC passage for the 16 groups. At the ocean surface, the cold anomalies are more
intense for stronger and slower TCs (Fig. 5.26, bottom right). The wake is wider and
extends further away from the TC track for slower TCs (bottom row), while it is
narrower and shifted more towards the left side of the track for TCs that move faster
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(Fig. 5.26, top row). Fig. 5.27 shows the average temperature anomalies within 100
km of the TC centre for the 16 groups. The cold temperature anomalies are more
intense for more intense TCs, especially in the surface layer (Fig. 5.27, right column).
The translation speed of the TCs influences the temperature anomalies at different
depths, as slow-moving TCs produce colder anomalies through the entire water
column (Fig. 5.27, bottom row), while fast-moving TCs cool significantly only the
layer close to the surface (Fig. 5.27, first row). For the most intense (> Cat 4) fastmoving TCs, there is a net warming below the ML through a deep layer in the ocean
(Fig. 5.27, top, right panel).
Because of their similar characteristics, the 16 groups are arranged into 4 more
comprehensive groups (Table 5.3, Figs. 5.28 and 5.29): weak and fast TCs, including
Cat 1-2 TCs with speed > 4m/s, strong and fast TCs, including TCs of Cat. 3-5 and
speed faster than 4 m/s, weak and slow TCs, with TCs of Cat 1-2 and speed < 4m/s
and strong and fast TCs of Cat 3-5 and translation speed lower than 4 m/s. Figs. 5.28
and 5.29 clearly illustrate the preceding discussion that slower TCs produce a colder
wake that extends symmetrically far from the track and deeper, while faster TCs
produce a more asymmetric left of track surface cooling, that is relatively shallower.
For simplicity, this division will be used for the following analysis.

Table 5.3: Number of TC data points included in the composite for each combination
of fast/slow translation speed and weak/strong intensity.
weak

strong

fast

305

172

slow

326

134

144

Figure 5.26: Hovmoller diagram of cross-track SST anomaly (contours every 0.2 °C) in time for 16 combinations of TC translation speeds and categories.
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Figure 5.27: Depth-time cross-section of the temperature anomalies (contours every 0.2 °C) averaged within 100-km of the TC centre for 16 combinations of
translation speeds and categories.
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Figure 5.28: Hovmoller diagram of the cross-track SST anomaly (contours every 0.2 °C) in time for
the 4 combinations of TC translation speeds and categories.
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Figure 5.29: Depth-time cross-section of the temperature anomalies (contours every 0.2 °C) averaged
within 100 km of the TC centre for the 4 combinations of translation speeds and intensity categories.
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Heat flux losses during the TC passage contribute to the development of the
cold anomalies at surface. On Day 0, the net heat flux becomes negative and the ocean
transfers heat to the atmosphere (Fig. 5.30). The heat loss in the ocean is greater for
stronger TCs and contributes more significantly to the development of the SST cold
anomalies. The net heat flux losses are not symmetrical around the track, as there is a
stronger heat loss on the left side of track. The asymmetry is particularly evident for
strong and fast TCs and is well correlated with stronger cold anomalies over the left
of the track (Fig. 5.28b). The net heat flux on Day 0 is divided into its components in
Figs. 5.31, 5.32, 5.33 and 5.34. The shortwave solar radiation, which warms the
surface of the water is strongly reduced especially for strong TCs, as thicker clouds
cover the region (Fig. 5.31). The longwave heat loss from the ocean to the atmosphere
is reduced below the TC as the SST starts to decrease in the region, especially for
strong and slow TCs (Fig. 5.32). The latent component of the heat flux provides the
higher contribution to the ocean heat loss and is the major term responsible for the
asymmetry in the net flux on Day 0 (Fig. 5.33). In fact, the latent heat loss is much
stronger for more intense storms and shifted more to the left of the track for fastmoving TCs, where the faster translation speed adds to the wind speed (as they are in
the same direction) and enhances the heat loss. The sensible heat flux loss to the
atmosphere is also stronger and shifter more to the left of track for more intense TCs
(Fig. 5.34).
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Figure 5.30: Net heat flux on Day 0 over the region for 4 combinations of different translation speeds
and categories.
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Figure 5.31: Shortwave radiation heat flux on Day 0 over the region for 4 combinations of different
translation speeds and categories.
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Figure 5.32: longwave radiation heat flux on Day 0 over the region for 4 combinations of different
translation speeds and categories.
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Figure 5.33: Latent heat flux on Day 0 over the region for 4 combinations of different translation
speeds and categories.
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Figure 5.34: Sensible heat flux on Day 0 over the region for the four combinations of translation
speeds and categories.
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Figs. 5.35, 5.36 and 5.37 show the development of the temperature anomalies
in time at 100 m, 200 m and 300 m depth. Below the track, the cold anomalies are
shifted slightly to the right of track, especially for slow-moving storms, and stronger
cold anomalies develop at depth for slow-moving TCs (Figs 5.35c and d, 5.36c and d,
Fig. 5.37c and d). This right-of-track asymmetry in the cold temperature anomalies is
driven by strong upward motion shifted right-of-track that lasts longer for slower
moving TCs (Fig. 5.38c and d). The stronger upward motion (Fig. 5.38c and d) upwells
more cold water from below and produces generally stronger cold anomalies during
and after the TC passage for slower moving TCs (e.g., Fig. 5.35c and d). After reaching
its maximum development, the cold anomalies start to decrease faster for slow-moving
TCs, as the downwelling motion that follows the initial strong upwelling is stronger
for slow-moving TCs (Fig. 5.38c and d). This strong persistent downwelling from Day
4 warms and restores the temperature at depth below the track. At the sides of the track
beyond approximately 200 km, warm temperature anomalies develop at, or shortly
after, the TC passage and are especially strong between 100 and 200 m depth for strong
TCs (Figs. 5.35b and d and 5.36b and d). In particular, for slow-moving strong TCs
and to a lesser extent for fast-moving strong TCs, the warm anomalies appear over a
large area on the left of track and in two narrower bands over the left of track, between
200 and 400 km and at more than 600 km (Fig. 5.35b and d).
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Figure 5.35: Cross track Hovmoller diagram of temperature anomaly (contours every 0.2 °C) in time
at 100 m depth for 4 combinations of different translation speeds and categories.
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Figure 5.36: Cross track Hovmoller diagram of temperature anomaly (contours every 0.2 °C) in time
at 200 m depth for 4 combinations of different translation speeds and categories.
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Figure 5.37: Cross track Hovmoller diagram of temperature anomaly (contours every 0.2 °C) in time
at 300 m depth for 4 combinations of different translation speeds and categories.
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Figure 5.38: Cross track Hovmoller diagram of vertical velocity (contours every 0.5 x105 m/s) in
time at 100 m depth for 4 combinations of different translation speeds and categories.
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The cross-track section of the temperature anomalies at Day 5, when the cold
anomalies are maximum, highlights the more intense cold anomalies at depth and
extending both sides of the TC track at the surface, which happens for strong and for
slow-moving TCs (Fig. 5.39d). There is more cooling at depth for slow-moving TCs
regardless of intensity, which is probably due to the stronger vertical currents and more
intense upwelling driven by the longer residence time (Figs. 5.39d and 5.40d). The
warming in the subsurface appears on both sides of the track and it is more intense for
intense TCs regardless of speed of translation, on the left of track (Fig. 5.39b and d).
The regions where the highest subsurface warming develops correspond well to the
regions where during the days prior to Day 5 there is a strong vertical shear between
the surface currents and the currents in the layer below, especially on the left of track
(e.g. Fig. 5.30, that shows strong horizontal currents in the first 20 m that decay rapidly
with depth), and where vertical mixing and ML entrainment is expected to occur (Price
et al., 1981; Shay 2019).

160

Figure 5.39: Cross section of the temperature anomalies (contours every 0.2 °C) at Day 5 after the
TC passage for the four combinations of different translation speeds and intensities.
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Figure 5.40: Cross section of the divergence pattern and current vectors during the day of the TC
passage for 4 combinations of different translation speeds and categories.
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The inner core vertical currents (shaded) and the alternating pattern of
divergence and convergence (red and blue contours) are shown in Fig. 5.41 over the
temperature anomalies (black contours) for fast/slow and weak/strong TCs. The
upwelling underneath the TC lasts longer for slow-moving TCs compared to fastmoving TCs, as they have a longer residence time over the location (Fig. 5.41c, d
compared to a, b). Furthermore, the upwelling is stronger for strong TC regardless of
translation speed (Fig. 5.41b, d compared with a, c). Following the period of upwelling,
the downward currents are stronger for slow TCs and for more intense TCs. The
periods of divergence and convergence of the horizontal currents alternating at the
surface correspond well with the vertical currents underneath. In particular weak and
fast TCs are followed by longer periods of divergent surface currents and weak vertical
currents in the column below, while strong and slow TCs are followed by strong
horizontal currents that alternate periods of strong then weaker convergence at the
surface, corresponding to strong then weaker downwelling below the track (Fig. 5.41).
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Figure 5.41: Depth-time cross-section of the temperature (units: °C, black contours every 0.1 °C),
vertical velocity (shaded, x 10-5 m/s), and divergence of the horizontal currents (units: x 10-8 s-1, red
(+ve) and blue (-ve) contours every 2 x10-8 s-1) averaged over a 100 km radius circle centred on the
TC centre for 4 combinations of different translation speeds and categories.
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Fig. 5.42 shows the changes in the e-folding time for the temperature recovery
for strong and weak data points and for slow and fast data points. The colder wake at
the surface induced by a strong TC recovers more quickly than the weaker cooling of
a weak TC, but at depth the cold anomalies last for longer (Fig. 5.42a). In general,
fast-moving TCs take longer to recover through the water column than slow-moving
TCs (Fig. 5.42b).

Figure 5.42: e-folding time (days) for the temperature recovery at different depths for:
(a) weak and strong data points; and (b) fast and slow-moving data points.

5.7 Barrier layer effects
The effects of the presence of a deep barrier layer prior the passage of a TC
inhibits vertical mixing and entrainment between the surface layer and the colder water
underneath. To study the effect of a barrier layer of different thickness on the
temperature anomalies we decided to focus on the annulus region between 100 and
300 from the TC centre (Fig. 5.43), as the mixing is overwhelmed by the strong
upwelling signal directly under the TC centre (Fig. 5.10).
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Figure 5.43: Depth-time cross-section of the temperature anomalies (contours every 0.1 °C) averaged
in the annulus between 100 and 300 km from the TC centre for: (a) deep barrier layer (365 data points);
(b) shallow barrier layer (562 data points); and (c) e-folding time (days) for deep barrier layer and
shallow barrier layer data points with depth.
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The maximum SST anomaly produced by the passage of a TC is greater for
the shallow barrier layer data points compared to when a deep barrier layer is present
(Fig. 5.43) with the main differences occurring in the top 50 m, where the entrainment
of colder water from below the thermocline is the most efficient cooling process (Fig.
5.43). This suggests that the mixing across the thermocline induced by the currents
below the TC is less effective for a thicker barrier layer compared with a thinner barrier
layer. The cold anomalies in the top 150 m of the water column recovery more slowly
for the shallow barrier layer data points (Fig. 5.43a and b) with e-folding times of
approximately 30 days. In comparison, the deep barrier layer data points exhibit two
e-folding times: just over 20 days for the layer above 50 m; and approximately 35 days
for the layer below 50 m, where the anomalies recover very slowly (Fig. 5.43c). This
suggests that the presence of a deep barrier layer affects the recovery through the water
column by more effectively trapping the solar radiation warming in the top 50 m of
the water column compared with a shallow barrier layer.
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Figure 5.44: Depth-time cross-section of the temperature anomalies (contours every 0.2 °C) averaged
in the annulus between 100 and 300 km from the TC centre for: (a)-(d) deep barrier layer and (e)-(h)
shallow barrier layer, for the 4 combinations of different translation speeds and categories.
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Fig. 5.44 shows the effects of the presence of a deep barrier layer and stable
stratification for the cooling induced by weak or strong storm and slow-moving or
fast-moving TCs. A major difference in the ML cooling occurs for fast-moving TCs
(Fig. 5.44b and f). While slow-moving storms spend more time in a location and can
eventually overcome even a thick barrier layer and entrain colder water in the surface
layer, for fast-moving TCs the entrainment occurs over a shorter period and can be
efficient only if there is no barrier layer that inhibits the entrainment processes.
Furthermore, slow-moving TCs, which spend more time in a location produce a
stronger upwelling effect in the water underneath, pushing the isotherms upward and
further intensifying the entrainment and the cooling through the whole water column,
which helps to overcome a deep barrier layer (Fig. 5.44).
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5.8 Summary and discussion
The passage of a TC over the NWS region drives strong thermal changes in
the ocean in a wide region underneath and around the TC track. A 20-year composite
shows that cold temperature anomalies develop over a wide region at the ocean surface
and at depth underneath the TC centre, while warm anomalies develop in the
subsurface on the sides of the track, stronger at 700 to 900 km on the left of track
between 100 and 200 m depth. Strong divergent surface currents develop, driven by
the TC winds. These currents drive strong Ekman upwelling in the region underneath
the track, which are responsible for the cooling through the water column, and the
currents’ strong shear on the sides of the track drives MLD entrainment and the
temperature anomalies, cold at surface and warm in the subsurface, over the two sides.
During the month following the passage of the TC the surface cold anomalies recover,
although not completely, due to the increase in the air-sea net heat flux into the ocean.
After 2 days, the divergent surface currents reverse and become convergent and drive
weak downwelling in the region underneath the track, that helps the recovery of the
cold anomalies at depth. The temperature anomalies in the subsurface underneath the
track and the warm anomalies at the sides take longer to recover.
Data points over the shelf or over the deep ocean and of TCs with different
characteristics have been composited together to assess how the ocean and TC
properties affect the thermal changes. Table 5.4 presents a summary of the
characteristics of the cooling within 100 km from the track for the different cases
studied and provides an insight of the meaningfulness of the differences.
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Table 5.4: Summary of inner core SST cooling, cooling at 300 m (subsurface), and
vertical currents at 100 m depth for the various cases. Values highlighted in italics
represent cases with a statistically significant difference from the case indicated in the
second column (t-test with p < 0.05).
Compared
Inner core
against
SST anomaly
- Day 5 (°C)
General case

-

-0.87

Inner core
Temperature
anomaly at 300
m - Day 5 (°C)
-0.12

Deep Ocean

General
case
Deep
ocean
Shelf

-0.84

-0.12

1.3

-0.92

-

0.8

-0.77

-

0.7

-1.09

-

1.3

Deep
ocean

-0.99

-0.11

1.7

Cooling
season
Warming
Season
Deep
ocean
Deep
ocean
Deep
ocean
Deep
ocean
Deep
barrier
layer
Shallow
barrier
layer

-0.91

-0.17

1.5

-0.78

-0.08

1.1

-0.46

-0.07

0.9

-0.92

-0.06

1.2

-0.93

-0.18

1.3

-1.40

-0.18

2.5

-0.93

-0.14

1.4

-0.71

-0.11

1.2

Shelf
Shelf - parallel
to the coast
Shelf –
perpendicular to
the coast
Deep ocean –
parallel to the
coast
Warming season
Cooling Season
Weak and fast
Strong and fast
Weak and slow
Strong and slow
Shallow barrier
layer
Deep barrier
layer

Inner core
w at 100 m
(x10-5 m/s)
1.2

Shelf
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The difference in cooling produced by TCs over the deep ocean is not
significant compared to the general case (Table 5.4). Over the shelf, the direction of
motion of the TCs and the interaction of the TCs induced currents and the shelf
influence the temperature anomalies development. TCs over the continental shelf
produce strong cold anomalies at the surface over a larger area and over the inner core
(Table 5.4), while vertical currents beneath the TC inner core show a large variability
with depth, being less intense at 100 m depth (Table 5.4), but stronger below (Fig.
5.17a). Moreover, the direction of TC motion over the shelf affects the development
of the currents and the associated thermal changes. TC data points that move
perpendicular to the shelf edge drive stronger upward vertical currents that last for a
month following the TC passage and stronger SST anomalies (Table 5.4). However,
TCs parallel to the coast drive colder temperature anomalies at depth (Fig. 5.20). TCs
over the deep ocean moving parallel to the shelf are also affected by the interaction
between the wind induced currents and the shelf edge, and although the difference
depends on the distance from the shelf, they are generally characterized by stronger
upwelling and colder anomalies at the surface (Table 5.4). The time of the season
affects the development of the vertical currents, as a general downwelling regime over
the region is in contrast to the TC induced upwelling during the cooling season.
Stronger upward currents develop during the warming season and produce colder
temperature anomalies, both at the surface and subsurface (Table 5.4). The intensity
and translation speed of the TC has a strong effect on the development of the
temperature anomalies. Slow-moving and strong TCs drive colder temperature
anomalies over a wider region, and slow-moving TCs drive more upwelling and colder
anomalies deeper through the water column beneath the TC centre (Table.5.4). The
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stratification of the water column and the presence of a deep barrier layer prior to the
passage of the TC can inhibit the development of cold anomalies at the surface (Table
5.4), especially for fast-moving and strong TCs.
The recovery of the inner core temperature anomalies is also affected by the
characteristics of the ocean and of the TC (Table 5.5). In general, the e-folding
recovery time at the surface of TCs on the shelf is slightly higher than for TCs on the
deep ocean. However, the more intense SST anomalies of the TCs on the shelf that
move parallel or perpendicular to it have a lower e-folding time compared to the
general shelf case (Table. 5.5). The cold anomalies of TCs over the deep ocean and
parallel to the shelf have an e-folding time similar to the general deep ocean cases at
the surface but recover faster at 200 m depth, possibly due to stronger restorative
downwelling (Table 5.5). Moreover, the time of the season when the TC passes over
the region strongly affects the recovery of the temperature anomalies. The surface cold
anomalies take longer to recover for TC data points that occur later in the season, when
the temperatures are generally cooling and the solar radiation is decreased. At depth,
the presence of downwelling regime events later during the TC season speeds up the
recovery of the cold anomalies, while the cold anomalies at depth for TCs that occur
earlier in the season recover more slowly (Table 5.5). At the surface, the colder
anomalies that develop after stronger TCs recover at a faster rate. At 200 m depth,
strong and fast TCs recover most rapidly, possibly as the anomalies are not very
intense but the restorative downwelling is quite strong. The stratification of the ocean
prior to the TC passage seems to affect the inner core recovery time of the cold
anomalies, with faster recovery at the surface over strong stratification, but slower in
the subsurface as the left-over barrier layer inhibits warming underneath (Table 5.5).
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Table 5.5: Summary of the e-folding time for the cold anomalies recovery at surface
and at 200 m for the different cases analyzed.
Inner core e-folding
time at surface
(days)

Inner core e-folding
time at 200 m
(days)

General case

22

27

Deep Ocean

21

30

Shelf

23

-

Shelf - parallel to
the coast
Shelf –
perpendicular to the
coast
Deep ocean –
parallel to the coast
Warming season

18

-

19

-

21

21

17

33

Cooling Season

29

11

Weak and fast

23

29

Strong and fast

19

9

Weak and slow

21

27

Strong and slow

13

31

Shallow barrier
layer
Deep barrier layer

22

29

19

31

The intensity and location of the warm anomalies at the sides of the track for
the different cases analysed is presented in table 5.6. In general, most of the cases
develop maximum warm anomalies at less than 800 km to the left of track (negative
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distances in Table 5.6) and at around 100 m depth. Stronger warm anomalies develop
for on-shelf cases (Table 5.6), although they have high spatial variability (Fig. 5.16),
possibly due to the localized downwelling that develops from the interaction of the
ocean TC-driven currents and the shelf edge. The presence of the shelf can also affect
the TCs that are located farther from the shelf over deeper water by driving Ekman
downwelling near the coast when TCs move south-westward and parallel to it, which
contribute to the development of stronger warm anomalies on the left side of the TC
track. The season does not appear to influence the maximum warm anomaly (Table
5.6), although at depth the warm anomalies cover a slightly larger area during the
cooling season (Fig. 5.23), as they are driven by a general downwelling regime. Strong
TCs drive higher warming, especially at the left of the track (Table 5.6, Figs. 5.35,
5.36 and 5.37), because they induce stronger horizontal currents and more vertical
mixing at the sides of track. Weak and slow TCs develop only a very weak maximum
warm anomaly compared with the other three categories (Table 5.6), likely because
they drive only weak mixing and downwelling. Although the maximum warm
anomaly appears to be higher for deep barrier layer cases, this may not be very
significant as the barrier layer is calculated beneath the TC centre and may not be an
applicable indicator for variations away from the inner core where the subsurface
warm anomalies develop.
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Table 5.6: Summary of the maximum warm anomaly and its location for the different
cases analyzed.
Max warm
anomaly - Day 10
(°C)

Distance from
the track (km)

Depth (m)

General case

0.17

-750

115

Deep Ocean

0.17

-770

115

Shelf

0.25

-740

85

Shelf - parallel to
the coast
Shelf –
perpendicular to
the coast
Deep ocean –
parallel to the
coast
Warming season

0.23

600

115

0.46

-10

135

2.46

-950

287

0.22

-770

145

Cooling Season

0.22

-1000

95

Weak and fast

0.37

-1000

85

Strong and fast

0.36

-740

115

Weak and slow

0.19

930
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Strong and slow

0.41

-680

145

Shallow barrier
layer
Deep barrier layer

0.21

-1000

95

0.30

710

125

There are several limitations to the composite approach with BRAN data.
BRAN has a daily temporal resolution that doesn’t allow an extensive study of the
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near-inertial currents that develop following the TC passage and of the internal waves
driven by the interaction of the TC-induced currents with the shelf edge, that could be
strong on the NWS (Davidson and Holloway, 2001). Furthermore, the composite
averages the effect of the interaction with ocean eddies or masks the presence of
upwelling or downwelling events not related to the passage of the TC in the region.
By averaging the currents and temperature anomalies over the region within 100 km
from the track the asymmetry of the upwelling region, which is stronger on the right
of track, also is not considered.
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Chapter 6. Tropical cyclones effect on the
Ocean Heat Content on the NWS
6.1 Introduction
The passage of a TC induces strong thermal changes in the ocean around its
track and modifies the OHC of the surrounding region. It has been postulated that the
development of warm temperature anomalies in the subsurface, in combination with a
faster recovery of the surface cold anomalies, could lead to a change in the OHC that
could eventually be transported away from the region and influence the global climate
(Emanuel 2001; Sriver and Huber 2007, Sriver et al. 2008) or even provide long-term
sequestration of energy at depth (Nguyen 2021). However, the development and the
intensity of the subsurface warm anomalies depends on the TC and ocean
characteristics, and the increase of OHC in the subsurface is not always comparable
to the surface cooling (Cheng et al., 2015). Here, we focus on quantifying the OHC
changes during the passage of a TC and in the month following over the NWS region
in order to understand the conditions that could lead to an increase in OHC and what
processes are driving the OHC changes. We use a composite approach to evaluate the
OHC changes within different areas around the TC track. A heat budget over a crosstrack section is calculated to study the processes that drive the OHC changes during
the passage of a TC and during the month following at different distances from the
track. The effect of the season during which the TC occurred, and TC translation speed
and intensity is investigated to assess which conditions drive major OHC changes in
the region.
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6.2 General case
The passage of a TC affects the heat content of the ocean over a large region.
In Figs. 6.1 and 6.2 the average OHC changes through different depths of the ocean
following deep ocean TC passage are illustrated for the inner core (within 100 km of
the TC centre; Fig. 6.1) and whole circulation (1000 km; Fig. 6.2). These layers
include averaged OHC from the surface to different depths through 2000 m (Figs. 6.1a
and 6.2a) to analyse the total OHC changes, 500-m layers in the top 2000 m (Figs.
6.1b and 6.2b) to more closely analyse the deeper ocean changes, and 50-m layers in
the top 1000 m (panels c and d in Figs. 6.1 and 6.2) to further analyse the depths most
affected by TCs. These changes are analysed through the recovery period, defined as
the period from Day 5 to Day 30. Overall, the effect of the TC passage is to decrease
the OHC during the first 5 days after the event followed by a slow recovery to near
pre-TC conditions.
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Figure 6.1: OHC changes from 2 days before the passage of the TC in the inner core (within 100 km
of the TC centre) calculated for: (a) layers from the surface to various depths; (b) layers of 500-m
depth from 0 to 2000 m; (c) layers of 50-m depth from 0 to 1000 m; and (d) same as (c) but starting
from 5 days after the passage of the TC. Note the use of different scales for the OHC.
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Figure 6.2: As in Figure 6.1 except averaged over the whole circulation within 1000 km of the TC
centre.
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The majority of the OHC losses following the TC passage occur in the inner
core (within 100 km of the TC centre) (Fig. 6.1 compared to Fig. 6.2, note difference
in scale). Almost 95% of the initial OHC loss within the inner core through 2000 m
depth occurs in the top 1000 m subsurface layer (Fig. 6.1 a), with more than 85% loss
occurring in the upper 500 m (Fig. 6.1 a). In the top 100 m, the OHC reaches a
minimum near Day 5-6, while below 150 m, the minimum OHC occurs earlier, around
Day 3 (Fig, 6.1c), suggesting that different processes drive the OHC reduction at
different depths. In the surface layer, the decrease of the OHC lasts for longer than it
does below 150 m as the horizontal current shear (Fig. 5.10) continues to drive mixing
and entrainment of colder water into the surface layer. The surface cooling is further
enhanced due to upwelling driving cold water up toward the surface and mixing with
the warm surface water (Price, 1981). All 50-m layers within the first 1000 m show a
decrease in their OHC following the TC passage (Fig. 6.1c).
The OHC anomalies are strongly connected with the cold temperature
anomalies, averaged for 50 m layers (to match with Figs. 6.1c and 6.2c), which are
shown in Fig. 6.3, along with the vertical currents. The region in which the cold
anomalies develop below 100 m corresponds with the region where the upward
vertical currents are the most intense (blue contours in Fig. 6.3c, d, e and f). This
demonstrates that within the inner core, the reduction of OHC at depth and the cold
anomalies are driven by strong upwelling that occurs during the TC passage and the
day after in the region within 300 km from the track (coloured contours in Fig. 6.3).
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Figure 6.3: Cross-track Hovmoller diagram of vertical velocities (w (x 10-5 m/s), shaded in blue for
upward and in red for downward vertical velocities) and temperature anomalies (contours every
0.1 °C, blue for negative anomalies and red for positive anomalies) in time for the average of 50 m
depth layers between 0 and 300 m.
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Within the inner core the OHC in the top 300 m never completely recovers in
the first 30 days, although considerable increase in OHC occurs from 5 days after the
TC passage (Fig. 6.1d). The strongest OHC recovery occurs in the surface layer, due
to the high rate of warming from incoming solar radiation. Between 400- and 1000-m
depth, the OHC fully recovers to pre-TC conditions around Day 25 (Figs. 5.14 and
6.1c) due to strong downwelling that begins after Day 2 and continues beyond Day 30
(Figs. 5.14, 6.4). However, the integrated OHC through 1000 or 2000 m depth within
the inner core does not recover, at least in the first 30 days after the TC passage.
Over the larger whole circulation region (1000 km average), approximately 80%
of the OHC loss occurs in the top 500 m (Fig. 6.2a) and 55% occurs in the top 100 m,
suggesting that in the outer region subsurface cooling is strongly reduced compared to
the inner core (25% of the OHC losses between 100 and 500 m in the whole region,
compared to 50% in the inner core) and mixing across the thermocline dominates the
surface OHC loss, especially in the most external region.
Dividing the layers into smaller, 50-m layers provides more insight. The OHC
averaged over the whole region decreases in the days following the TC passage for
any 50 m depth layer between the surface and 1000 m (Fig. 6.2). After a month the
OHC within 1000 km of the TC centre has not recovered to pre-TC conditions in the
surface 0-100 m layer (Fig. 6.2c) in spite of the high rate of OHC increase in that layer
(e.g., Fig. 6.2d) most likely due to the positive net heat flux into the ocean (Fig 5.7).
However, below 100 m the OHC in the whole region increases above pre-TC
conditions as early as Day 10 in some layers (Fig. 6.2c), as weak downwelling occurs
over a large region, especially to the left of track (Fig. 6.3).
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The OHC from the surface to 1000 m, comprising over 90% of the OHC loss
within 1000 km of the TC centre, recovers to pre-TC conditions within 30 days (Fig.
6.2a). This suggests that contributing physical processes including surface fluxes,
mixing, and horizontal and/or vertical advection after TC passage are strong enough
to offset the large amount of cooling and OHC loss that occurs in the TC inner core
(Figs. 6.1 and 6.2) only if the larger region is considered. Beneath 1000 m where the
OHC loss is quite small (< 10% of the total), other processes external to the TC, such
as regional upwelling events or cold currents, may be occurring which result in slight
continual OHC loss through the period. However, the resolution of BRAN data at these
depths is too coarse to allow in depth study of this. In fact, beneath 1000 m the OHC
decreases slightly in the first 4-5 days after TC passage, then begins to recover through
days 8-15 and then decreases again through Day 30 (Figs. 6.2b).
The decrease of surface layer OHC and the increase of deeper (below 100 m)
OHC (Fig. 6.2c) is balanced after a month to 1000 m depth (Fig. 6.2a). This is because
the large OHC decrease within the inner-core region is offset by an OHC increase in
the large outer region below 100-m depth. In fact, outside the inner core the major
effect of the TC passage is vertical mixing of the surface and subsurface waters due to
vertical current shear (Figs. 5.10 and 5.13). This results in a decrease of surface layer
OHC and increase in the layer below, especially between 100 and 300 m (Fig. 6.2c).
The comparison between the location of the 0°C anomaly in the surface 50-m layer
(Fig. 6.3a) and in the layer below (Fig. 6.3b) shows that the majority of the mixing
occurs between 500 and 800 km to the left of track, where at Day 5 the surface has
cooled and the subsurface has warmed.
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The OHC changes within 100-km annulus bands from the TC centre are shown
in Figs. 6.4 and 6.5. Between 100 and 500 km from the TC centre, the OHC does not
recover from the surface to any depth (Fig. 6.4a, b, c and d). By Day 30, the OHC in
the top 1000 m of the ocean has recovered to at least pre-TC conditions in the 500-600
km band (Fig. 6.4e) and the OHC has increased compared to pre-TC conditions in all
bands further than 600 km from the TC centre. The OHC decrease in the top 100 m
completely recovers by Day 30 in the bands located further than 700 km from the TC
centre (Fig. 6.4g, h and i).
The OHC changes every 50 m layer between the surface and 1000 m is shown
in Fig. 6.5 to better understand where the warming occurs that balances the surface
cooling. Within 300 km of the TC centre, the OHC does not increase relative to preTC conditions in any 50-m layer in the ocean down to a depth of 1000 m during the
month following the TC passage (Fig. 6.5a and b). However, in the 300-400 km band
the OHC recovers and shows positive anomalies after Day 15 for layers below 200 m
depth (Fig. 6.5c). In the 400-500 km band, OHC becomes positive below 150 m depth
and in the 500-600 km band it it becomes positive below 100 m approximately 10 days
after the TC passage. At distances greater than 700 km from the TC centre, there is an
increase in OHC in the layers below 100 m and a decrease above 100 m in the days
following TC passage, suggesting that mixing is likely the main process that leads to
OHC losses in the surface in the outer regions of the TC and warming in the subsurface
(Fig. 6.5g, h and i). Furthermore, in the outer region, the OHC increase in deeper layers
during TC passage is further enhanced by downwelling (Fig. 6.4, shaded in red), which
occurs more than 600 km from the TC centre, and is expected to happen to compensate
for the strong upwelling in the inner core.
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In summary, the passage of a TC drives strong OHC losses within 300 km from
the track at any depth and OHC gains in the subsurface in the outer regions to depths
near 1000 m. The heat losses are strongest within 300 km of the center of the TC (Figs
6.1, 6.4a and b, and 6.5a and b) and in the ocean surface 100 m over the whole region
(Fig. 6.2c). An increase in OHC occurs in ocean layers below 100 m in the outer region
(Fig. 6.5g, h and i), at distances greater than 700 km from the TC centre most likely
due to mixing and downwelling. Over the whole region, the OHC is reduced following
the TC passage, but is balanced after a month when considering the ocean to a depth
of 1000 m (Fig. 6.2a). Thissuggests that, although the OHC in the core after 30 days
is still negative, there is an OHC increase in the large outer region that balances the
OHC losses in the central region (Fig. 6.4g, h and i). In fact, at Day 30 the OHC in the
outer region shows strong positive anomalies for any layer considered (Fig. 6.5g, h
and i). After Day 10, the warm anomalies on the sides of the track that developed
during TC passage remain trapped in the subsurface (Fig. 6.3c, d, e and f) and any
further recovery of the cold anomalies at depth in the inner core and in the surface
layers drives an overall increase of the OHC to above pre-TC conditions in the whole
region.
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Figure 6.4: OHC changes from 2 days before TC passage of the TC calculated for layers from the surface to various depths averaged in regions
at different distances from the TC centre.
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Figure 6.5: OHC changes from 2 days before the passage of the TC calculated for layers of 50-m depth from 0 to 1000 m averaged in regions
at different distances from the TC centre.
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6.2.1 OHC budget
The OHC changes during the passage of a TC (and their recovery) are driven
by several mechanisms occurring at different distances from the TC centre. In this
section the OHC budget is studied without removing the seasonal cycle from the
temperature data, thus Fig. 6.6 shows the differences between the OHC changes from
2 days before the TC passage and the OHC rate of change calculated removing (panels
a and c) and not removing the seasonal cycle (panels b and d). The cross-track section
of OHC anomalies from 2 days prior to TC passage, integrated from the surface to 500
m (Fig. 6.6a and b), shows a strong OHC reduction between 200 km to the left to 300
km to the right of track and an OHC increase over the sides, which by Day 30 covers
the region further than 200 km. Fig. 6.6c and d show a strong OHC decrease beneath
the track between Day 0 and Day 5 (in agreement with Fig. 6.1c) and a general increase
over the sides from Day 0 ( in agreement with Fig. 6.5g-i) and beneath the track from
Day 5 when the OHC losses start to recover (in agreement with Fig. 6.1d). The effect
of the seasonal cycle on the composited OHC is an increase in OHC during the
recovery stage in the month following the passage of the TC (Figs. 6.6b and d
compared to Figs. 6.6a and c). This could be due to a seasonal trend of temperature
warming during the TC season over the NWS, which is not removed in Figs. 6.6b and
d.
To further investigate the processes driving OHC changes at different distances
from the track, the components of the OHC budget integrated in the first 500 m are
calculated and shown in Fig. 6.7. Furthermore, to demonstrate the effect of different
processes at depth during and after the TC passage a cross-track section of OHC
budget components are shown for the forcing stage (Day -2 to 5, from two days before
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the TC passage to 5 days after), recovery stage (Day 5 to 30), and for the whole period
(Day -2 to 30) in Figs. 6.8 to 6.10.
Fig. 6.7a shows that during the forcing stage (Days -2 to 5), the OHC is
strongly reduced beneath the TC track, slightly reduced on the right of track, and
slightly increased on the left of track . The overall effect at Day 5 is a general reduction
in OHC in the surface 50 m between 800 km to the left and 900 km to the right of track
and a reduction in the subsurface between 100 km to the left and 400 to the right of
track (Fig. 6.8a). However, on both sides further than 300 km from the track, there is
an increase of OHC in the subsurface, especially strong between 50 and 200 m depth
and 200 to 600 km on the left of track (Fig. 6.8a), in agreement with where the cold
and warm anomalies develop following a TC (Fig. 6.3). This pattern agrees with an
overall reduction of the OHC in every 50 m layer, especially strong near the surface,
for any region considered (Figs. 6.1c, 6.2c and 6.5) but not below the surface layer for
the outer region (Fig. 6.5f-i).
During the TC passage and the day following, the negative vertical advection
indicates strong upwelling beneath the TC centre (Figs. 6.7b and 6.8b), which also
extends out to 900 km to the right of track at a lower intensity. This agrees with upward
vertical currents due to Ekman pumping driven by strong divergent surface currents
(Figs. 5.10 and 6.3) and with the stronger OHC decrease in every 50 m layer for the
inner core (Fig. 6.1c). At the same time, positive vertical advection drives warming at
more than 300 km to the left of track and helps the development of the warm anomalies
in the subsurface (Figs. 6.3c-f, 6.7b and 6.8b), and likely driving the increase of OHC
in the outer region below 100 m (Fig. 6.5f-i).
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Figure 6.6: Cross-track Hovmoller diagram of OHC integrated from the surface to 500 m showing:
(a), (b) OHC anomalies from 2 days before TC passage; and (c), (d): OHC rate of change . The left
and right columns show, respectively, seasonal cycle removed and not removed.
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Figure 6.7: Cross-track Hovmoller diagram of OHC rate of change in time integrated in the first 500
m depth (terms of eq. 3.10) for: (a) the total rate; (b) changes due to vertical advection; (c) horizontal
advection; and (d) vertical mixing and surface fluxes.
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Figure 6.8: Cross-section of the OHC changes integrated in time during the forcing stage (from Day
-2 to Day 5) for: (a) the total rate; (b) changes due to vertical advection; (c) horizontal advection; and
(d) vertical mixing and surface fluxes.
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Figure 6.9: As in Figure 6.8 but during the recovery stage (from Day 5 to Day 30).
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Figure 6.10: As in Figure 6.8 but for the whole period (from Day -2 to Day 30).
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Horizontal advection integrated in the first 500 m contributes weakly to the
OHC changes and is generally positive, but with two negative regions between 300
and 500 km to the left of track and 100 and 500 km to the right of track (Fig. 6.7c). At
depth, the horizontal advection during the forcing stage is positive in the first 100 m
and mostly negative below (Fig. 6.8c).
The vertical mixing contribution to the OHC change in the top 500 m of the
ocean is negative during the forcing stage in the whole region and is especially strong
within 200 km of the TC centre (Fig. 6.7d). This vertical mixing drives the strong
OHC reduction in the surface 50 m layer out to 1000 m radius (Figs. 6.1c, 6.2c and
6.5). At depth, the contribution of the vertical mixing during the forcing stage is
generally to reduce OHC in the surface 50 m layer and to increase OHC in the
subsurface layers at both sides of the track (Fig. 6.8d). This is expected and is in
correspondence with regions where the MLD is entrained following the TC passage
and the warm water at the surface is mixed with the colder water underneath (Fig.
5.13), and where OHC does not decrease in the subsurface following TC passage (Fig.
6.5g-i). The contribution of mixing is negative and stronger at the surface beneath the
track from 100 km to the left to 300 km to the right of track (Fig. 6.8d) and could be
due to the combined effects of mixing and upwelling being captured in the vertical
mixing component since this is calculated as the residual of the budget (Fig. 6.1a and
c). Furthermore, vertical mixing includes the surface net flux component of the budget,
which is negative during the forcing stage due to enhanced heat loss from the ocean to
the atmosphere as the cyclone passes over the region (Figs. 5.6 and 5.15).
During the recovery stage, the OHC in the first 500 m generally increases as
the cold temperature anomalies recover (Fig. 6.7a), in agreement with Figs. 6.1d and
197

6.2d. Fig. 6.9a shows that the OHC recovers from Day 5 to Day 30 at depth, with
general warming everywhere except for the 20 m surface layer more than 300 km to
the left of track.The warming is generally strongest in the subsurface, between 50 and
150 m (Fig. 6.9a). In the region further than 300 km to the left of track, the mixing
continues after Day 5 and the MLD continues to deepen (Fig. 5.13a), causing the
decrease of the OHC in the surface layer and the increase in the subsurface.
The contribution of vertical advection during the recovery stage is generally to
increase the OHC in the first 500 m with some decrease between 400 and 1000 km to
the right of track from Day 5 to Day 20 (Figs. 6.7b and 6.9b). There is a region of
strong positive vertical advection contribution beneath the TC centre between 50 m
and 350 m, where the restorative downwelling occurs following the reversal of the
horizontal surface currents to convergence (Figs. 5.10 and 6.3). This contributes to the
higher rate of OHC increase during the recovery stage in the inner core (Fig. 6.1d).
The pattern of horizontal advection during the recovery stage is similar to the
pattern during the forcing stage (Figs. 6.7c, 6.8c and 6.9c). In the first 150 m near the
surface the contribution from horizontal advection is mostly to increase OHC but with
a decrease below (Fig. 6.9c). The narrow band of negative horizontal advection
between 300 and 500 km to the left of track below 50 m depth is still present during
the recovery stage (Fig. 6.9c). It is unclear what the cause of this persistent feature is.
Depth integrated vertical mixing during the recovery stage alternates positive
and negative contribution to OHC changes (Fig. 6.7d). At depth, between Day 5 and
Day 30, it contributes strong warming in the subsurface below 50 m and to some
cooling at the surface on the left of track, which corresponds to the region where OHC
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decreases during recovery (Fig. 6.9d and a). The region on the left of track where there
is cooling at the surface and warming underneath suggest that the mixing between
these layers continues after Day 5, which agrees with a further entrainment of the ML
on the left of track during recovery (Fig. 5.13).
Fig. 6.10 shows the overall OHC changes from before the TC passage to a
month after as well as the contributions from the different components. In the surface
50-m layer OHC decreases up to 1000 km to the left and up to 400 km to the right,
mostly due to vertical mixing (Fig. 6.10a and d), while the horizontal advection at the
surface is positive and contrasts this cooling (Fig. 6.10c). In the subsurface, between
50 and 150 m the OHC is mostly increased at Day 30, driven by a combination of
vertical mixing, and horizontal and vertical advection (Fig. 6.10c and d) on the left of
track, where the vertical currents are mostly downward during both the forcing and
recovery stage (Fig. 6.3 and 6.10b). Below 200 m depth, the OHC is mostly increased,
although to a lesser extent from the subsurface layer at the sides of the track, in
agreement with the OHC increase in Fig. 6.5e-i. However, between the TC centre and
500 km to the right of track, the OHC below 100 m is decreased, driven by vertical
mixing with some minor contribution from the horizontal and vertical advection
components (Fig. 6.10). The pattern of the OHC over the whole period corresponds
well with the OHC changes over the whole region a month after TC passage. At Day
30 the surface 50 m layer has not yet recovered, but the 50 m layers below 100 m have
not only recovered but also increased their OHC from Day -2 (Fig. 6.2c). Overall,
there is recovery in the top 500 m over the whole region (Fig. 6.2a), but not within the
inner core (Fig. 6.1), where the OHC is decreased not only at surface but also over a
large region underneath (Figs. 6.1a and c and 6.10a).
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The OHC budget over a cross-track section shows how horizontal and vertical
advection and vertical mixing contribute between the forcing and recovery stages at
different depths. Horizontal advection constantly drives an OHC increase at the
surface and a decrease below 200 m (Figs. 6.8 and 6.9). Vertical advection drives
strong upwelling beneath the track during the forcing stage, which later reverses to
downwelling. Vertical contributions are mostly positive over the left and mostly
negative over the right of track for the whole period. Overall vertical mixing shows a
cooling of the surface layer and an OHC increase in the subsurface at the sides of track
during the forcing stage. This continues during the recovery stage as the ML continues
to entrain. Vertical mixing is calculated as the budget residual and thus can be
influenced by other terms not properly captured by the horizontal and vertical
advection. The OHC budget is calculated without removing the seasonal cycle and, as
the comparison in Fig. 6.6a to d shows, results in overestimating the warming during
the recovery period. This is likely connected to overestimating the warming terms in
Figs. 6.8 and 6.9 compared to Figs. 6.1, 6.2, 6.4 and 6.5 where the OHC changes are
calculated removing a 20-year temperature climatology. Furthermore, in Figs. 6.1 and
6.2 the total OHC changes are calculated as the average of a circular region which
gives more weight to the center of the track, while the budget in Figs. 6.7 to 6.10 is
studied for a cross-track section to emphasize the different processes at distance from
the track.
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6.3 Seasonal effects on the OHC changes
The season in which a TC passes over the region influences the development
of the temperature anomalies and their recovery in different ways (section 5.5). Within
the inner core (Fig. 6.11) the OHC decrease is stronger for TCs during the warming
season, especially when considering deeper layers to > 100 m depth (Fig. 6.11a
compared to 6.11b), due to the generally stronger upwelling beneath the track during
the warming season (Fig. 5.25). The stronger OHC decrease is larger between 100 to
500 m depth (Fig. 6.11c and d) which agrees with the development of stronger cold
anomalies in the warming season in Fig. 5.23c.
The OHC also recovers much faster within the inner core during the warming
season, especially closer to the surface (Fig. 6.11e and f), which is likely driven by the
larger surface heat fluxes which warm the region in the following month (Fig. 5.24a).
At Day 30 the OHC is closer to the pre-TC conditions during the warming season
compared to the cooling season (Fig. 6.11a and b), due to the faster recovery of surface
layers (Fig. 6.11c and e). Similar to the general case, no layer fully recovers by Day
30 during either the warming or the cooling season (Fig. 6.11c, d, e and f) .
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Figure 6.11: OHC changes within 100 km radius from 2 days before the passage of the TC calculated
for layers of different depths from the surface for the: (a) warming season (454 data points); and (b)
cooling season 487 data points).

Figure 6.12: OHC changes within 1000-km radius from 2 days before the passage of the TC
calculated for layers of different depths for the: (a), (c) warming season (454 data points); and (b),
(d) cooling season 487 data points).
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Within 1000-km radius during the forcing stage, the differences in OHC
decrease between the warming and cooling seasons are less than they are in the inner
core, suggesting that the stronger cooling mechanisms are mostly confined within the
inner core. However, there are striking differences in the OHC anomalies during their
recovery between the warming and cooling seasons (Fig. 6.12). During the warming
season, the OHC anomalies recover by Day 30 for surface layers most likely because
of the strong net heat flux into the ocean during the warming season that quickly
warms the surface layers. However, below 100 m, the ocean does not fully recover
(Fig. 6.12a). During the cooling season, the opposite occurs. In the surface 200 m of
the ocean, the OHC anomalies do not recover to pre-TC conditions. However, below
100 m depth, the OHC increases relative to pre-TC conditions as early as 10 days after
the TC passage (Fig. 6.12b). OHC changes in different bands form the TC centre are
shown in Fig. 6.13. Much of the additional OHC gain during the cooling season at all
radii is due to OHC increases below 200 m at all distances from the TC centre (Fig.
6.13a).
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Figure 6.13: OHC changes calculated for 50-m layers in bands from the centre of the TC during the
(left) warming season and (right) cooling season for: (a), (b) 0-300 km; (c), (d) 300-500 km; (e), (f)
500-700 km; and (g), (h) 700-1000 km.
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The differences of the OHC changes between the warming and cooling seasons
highlight the different processes that occur in different seasons. The higher rate of
surface flux anomalies (Fig. 5.24) during the warming season drives an OHC increase
and faster recovery in the surface 50-m layer compared to the cooling season (Figs.
6.11c and d, 6.12c and d, and 6.13). Below 100 m the OHC changes during the TC
passage are driven by vertical mixing and show a small increase as warm temperature
anomalies develop at the sides of the track, slightly stronger during the warming
season between 100 and 200 m depth (Figs. 6.13e and g compared to f and h, and
5.23c and d), which is likely connected to the weaker stratification earlier in the season
which facilitates mixing. During the recovery stage, the OHC anomalies in the outer
region deeper than 100 m are driven mostly by the vertical currents (Fig. 5.25), with
downward currents during cooling season driving warming to deeper layers (Fig. 6.13).
In general, although in our analysis the seasonal climatology is removed from
the temperature signal, the OHC changes during the warming and cooling season differ.
Within the inner core, stronger upwelling during the warming season drives more
cooling for deeper layers. During warming season recovery, the surface layer OHC
recovers quickly, driven by strong heat fluxes warming the ocean. Below 100 m
outside the inner core, the recovery is much faster during the cooling season and the
OHC in the subsurface has increased by Day 30 compared to before the TC passage,
likely driven by the downward vertical currents. When considering the whole region
and layers deeper than 200 m, the general result of TC passage is to decrease OHC
during the warming season and increase OHC during the cooling season. The surface
layer OHC increase during the warming season could help the development of MHWs
and development of more TCs later in the season. The subsurface warm anomalies that
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develop during the cooling season could resurface in winter, warming the ocean
temperatures in the following months, or stored for longer and possibly be transported
away from the region.

6.4 Effects of translation speed and TC intensity
Strong and slow TCs drive the development of colder and deeper temperature
anomalies (Section 5.6). This is reflected in the OHC changes within the inner core
for TC data points of different translation speed and categories (Figs. 6.14 and 6.15).
The largest OHC decrease occurs in strong and slow TCs (Fig. 6.14d and 6.15d),
followed by weak and slow (Fig. 6.14c and 6.15c), while weak and fast TCs produce
the lowest OHC loss (Fig. 6.14a and 6.15a). The 50-m layer near the surface drives
cooling of similar magnitude for strong and fast and for weak and slow TCs (Fig. 6.15b
and c). However, below 50 m the cooling is stronger for weak and slow TCs. The
major cooling and OHC decrease at depth for slow-moving TCs is likely due to the
larger residence time that establishes stronger upwelling.

206

Figure 6.14: OHC changes from 2 days before the passage of the TC calculated for 100 km area
average and layers of different depths for different translation speeds and categories.
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Figure 6.15: As in Figure 6.14 but in 50-m depth layers from the surface to 1000 m.
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After the initial rapid OHC loss as the TC passes, the OHC within the inner
core gradually recovers although it does not recover to pre-TC conditions for any
combination of translation speed and category (Fig. 6.14). However, the OHC
recovery is stronger for the surface 50-m layer especially for strong and slow TCs (Fig.
6.15d), where the cooling is also strongest. Although there is not much difference in
the downwelling magnitude between forcing and recovery stages (Fig. 5.38), the OHC
increase during recovery in deeper layers of the ocean is generally higher for slowmoving TCs, which may simply be because these TCs developed a colder anomaly
that warms more rapidly during recovery.
The OHC changes within the whole region (1000-km radius) for different
intensities and translation speeds are shown in Fig. 6.16. The difference in OHC
decrease between TCs of different intensity and translation speed is less than for the
inner core. As in the inner core, colder OHC anomalies develop after strong and slow
TCs in the surface 100 m (Fig. 6.16), and below 100 m the weak and slow TCs develop
the colder anomalies (Fig. 6.16c). This is highlighted in Fig. 6.17.
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Figure 6.16: As in Fig. 6.14 for the whole region.
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Figure 6.17: As in Fig. 6.15 for the whole region.

211

The OHC does not recover to pre-TC conditions by Day 30 for weak TCs
regardless of their translation speed although weak and fast TCs come close (Fig. 6.16a
and c). The OHC recovers for strong TCs and is positive by Day 30 (Fig. 6.16b and
d). In fact, for strong TCs all 50-m layers below 100 m depth have developed positive
OHC anomalies after Day 5 (Fig. 6.17b and d). During recovery, a larger OHC
increase occurs above 100 m depth for strong and slow TCs and below 100 m depth
for strong and fast TCs (Fig. 6.18b and d). These differences during recovery between
the inner core and the whole region for TCs of different intensities and translation
speeds are likely due to the different strengths of the processes happening at various
distances from the track. In the outer region mixing drives positive anomalies during
recovery below 100-m depth, which are much stronger for strong TCs and not
significant for weak TCs. Conversely, within the inner core the recovery below 100 m
depth is much stronger for slow-moving TCs (either weak or strong) as it is driven by
restorative downwelling.
The OHC changes within a range of annuli bands for different translation
speeds and categories are shown in Figs. 6.18 to 6.21. Within the 100-300 km band,
the highest cooling from the surface to any depth develops in slow-moving TCs,
especially strong TCs (Fig. 6.18), as upwelling is still a major cooling mechanism up
to 400 km from the TC centre (Fig. 6.8). Interestingly, during recovery for fast and
strong TCs the OHC below 150 m increases to become positive after Day 15 and
continues increasing up through Day 30 (Fig. 6.18b). This is probably because strong
and fast TCs are characterized by winds strong enough to produce significant mixing,
but their residence time is not enough to establish strong upwelling and hence a major
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subsurface cooling (Fig. 5.38a and b show less intense upward currents during the
forcing stage in a narrower region for fast-moving TCs).
The OHC losses within the 300-500 km band are also higher for slow-moving
TCs compared to fast-moving TCs (Fig. 6.19), which is similar to the inner core (Fig.
6.15) and to the 100-300 km band (Fig. 6.18), suggesting that Ekman upwelling is still
a major driver out to ~500 km radius from the TC centre. However, during recovery
there is a much larger subsurface OHC increase following strong TCs. In fact, strong
TCs drive a fast recovery below 150 m, possibly due to the increased mixing between
the surface and subsurface layer (Fig. 6.19b and d). The OHC anomalies below 150m depth following strong and fast TCs become positive at Day 5 (Fig. 6.19b) and at
Day 10 for strong and slow TCs (Fig. 6.19 b and d). Of interest, weak and fast TCs,
which drive little Ekman pumping also recover to pre-TC conditions below 200 m by
Day 30 in the 300-500 km band.
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Figure 6.18: As in Fig 6.15 for the annulus between 100 and 300 km.
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Figure 6.19: As in Fig 6.15 for the annulus between 300 and 500.
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In the 500-700 km band the dominance of mixing processes over Ekman
pumping become apparent particularly for the strong TCs with little change in the
OHC below 100-m depth (Fig. 6.20). This is particularly evident for strong and slow
TCs (Fig. 6.20d) where there is almost no difference in the OHC calculated between
0-100 and 0-2000 m. This indicates that all the OHC change in strong and slow TCs
at these radii is occurring in the top 100 m of the ocean and is due to mixing. This
compares with weak and slow TCs (Fig. 6.20c) where the OHC changes depending on
the depth over which it is calculated suggesting that upwelling is affecting the OHC.
The magnitude of OHC loss is also lower for strong TCs compared with the weak TCs
at this radii (Fig. 6.20). Below 200 m depth, strong TCs, whether fast or slow develop
positive OHC starting at Day 2 at all layers below 100-m depth (Fig. 6.21b, d) and are
almost neutral (fast) or positive (slow) in the surface 100 m by Day 30 in this band.
Weak TCs are also near zero or positive (Fig. 6.21a, c) below 100 m by Day 30. This
happens as within this region mixing is the main driver of the OHC changes, and it is
more efficient for fast-moving TCs and for strong TCs. This agrees with the positive
SST anomalies that develop in the region further than 500 km on both sides of the
track (Fig. 5.28b and d).
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Figure 6.20: As in Fig 6.14 for the annulus between 500 and 700 km.
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Figure 6.21: As in Fig 6.15 for the annulus between 500 and 700 km.
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The OHC changes within the 700 to 1000 km outer annulus are similar to those
for the 500-700 km band (not shown). Although weaker in magnitude, the OHC
changes are similar in structure and follow the thesis that mixing processes dominate
in the outer radii of the TC and downwelling drives positive temperature anomalies
and positive OHC.
In summary, within 300 km of the TC centre, the OHC decreases more after
the passage of slow TCs, followed by weak and slow then fast and strong TCs.
Negative anomalies are greater for slow-moving TCs especially below 100 m, as TCs
with longer residence time produce stronger upwelling and cool the subsurface more
efficiently. Within these inner regions, the OHC in the ocean layer down to 2000 m
does not recover to pre-TC conditions by Day 30 for any translation speed and
intensity. However, when considering the 1000-km radius area, the OHC changes due
to strong TCs recover and increase compared to pre-TC conditions before Day 30
through the ocean depth to 2000 m. Thus, strong TCs provide a positive energy input
to the ocean, both at the surface and in the subsurface driven by processes both during
the TC passage and up to at least 30 days after. In contrast, weak TCs result in a net
negative OHC input into the ocean. The OHC increase in all TCs occurs because
mixing processes become the dominant driver of temperature and hence OHC changes
beyond 500 km from the TC centre. Mixing traps warm water in the subsurface while
the corresponding decrease in the OHC in the surface layer recovers faster and
becomes positive, likely driven by net heat flux.
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6.5 Summary and discussion
In general, over the deep ocean in the North West of Australia the passage of
a TC produces strong cooling that reduces the OHC within the inner core region due
to a combination of mixing and strong upwelling driven by Ekman pumping. Outside
of this inner-core region, the mixing dominates and OHC can increase below the
mixed layer in the outer region. Overall, this provides a net neutral change in OHC in
the top 1000-m depth within the whole region. An ocean heat budget in the first 500
m of the ocean demonstrated that the stronger cooling within the inner core is driven
by upwelling beneath the TC centre and by vertical mixing, while within the outer
regions the surface is cooled by vertical mixing and the subsurface is warmed by a
combination of weak downwelling and mixing of warm surface water down. During
recovery, defined as 5-30 days subsequent to the TC passage, the heat budget shows
that both surface and subsurface OHC increase is driven by vertical mixing and heat
fluxes over a large region on the right of track, while on the left of track, vertical
mixing drives stronger warm anomalies in the subsurface. Beneath the TC centre, the
initial upwelling changes to downwelling, which drives an increase in OHC during the
recovery period. Horizontal advection appears to be generally warming the top 200 m
of the ocean and cooling the water underneath. By Day 30, the overall effect from
before the TC passage is a significant OHC increase in the subsurface at both sides of
the track, which is stronger on the left, and a weak OHC decrease in a large surface
region and in the water column beneath the TC centre.
Within the whole region, for TCs that occur during the warming season the
OHC losses recover in the surface layer by Day 30 but not in the deeper layers, while
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TCs occuring during the cooling season drive an OHC decrease at the surface and an
increase in the subsurface layers. The overall effect of TC passage is OHC decrease
during the warming season and OHC increase during the cooling season. Even though
slow and strong TCs drive higher OHC losses during their passage, the OHC of the
whole region increases within a month for strong TCs, while weak TCs drive an
overall OHC decrease.
Overall, the results indicate that the OHC changes in the month following the
TC passage drive an increase in the thermal energy of the whole region for strong TCs
and for TCs that occur later in the season, when the ocean temperatures are already
cooling but downwelling drives stronger subsurface warm anomalies. This may be
important as TC characteristics and the period of the year may be influenced by the
changing climate, and an increase of strong TCs or TCs later in the year due to the
warming of the ocean could produce a positive feedback with further OHC increase.
Moreover, the higher OHC in the surface layer in the outer regions of strong
TCs may contribute to the development of regional warming events such as MHWs
similar to the 2012-2013 MHW discussed in Chapter 4, which was affected by the
passage of two strong TCs, TC Narelle and TC Rusty. The OHC stored in the
subsurface could be trapped for longer periods and either transported away from the
region or be re-absorbed into the deepening ML during winter and warm the region in
the following months. Under climate change, it is currently projected that there will
likely be less TCs overall, but a higher frequency of the more intense TCs (Knutson et
al., 2010; Mendelsohn et al., 2012; IPCC 2021) and this may have a positive impact
on OHC in the ocean and drive a positive feedback.
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Although our analysis provides a general description of how OHC is modified
by TCs over Australia’s North West Shelf and of the processes driving the changes, it
has limitations. The choice of OHC averaging within column and annulus regions from
the TC centre gives more weight to processes directly under the TC centre as it moves
through the region than to the processes that occur on the sides. Moreover, the
processes are not symmetric with respect to the TC track therefore the effect of
asymmetry is not considered. BRAN reanalysis data are produced using the OFAM3
model, which does not have a mixing parameterization and atmospheric forcing
specific for representing TCs , so a TC-specific model could provide higher confidence
in the heat budget results. Furthermore, as the seasonal cycle is not removed for the
OHC budget calculation, the results of the recovery stage could be influenced by
seasonal processes that are not connected to TC passage, and that could not be fully
averaged out by the composite.
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Chapter 7. Conclusions and future work
The NWS of Australia is subject to extreme events, in particular MHWs and
TCs. This thesis focused on studying the physical drivers of the summer 2012/2013
MHW and on the effect of TCs on the thermal energy budget of the region.

7.1 Part 1: The 2012/2013 marine heatwave
In Chapter 4, a numerical model based on ROMS is used to identify the
hydrodynamic drivers of the summer 2012/2013 MHW on the inner shelf north of
North West Cape, which happened during a non-canonical Ningaloo Niño (Feng et al.,
2015). The MHW developed rapidly during December 2012 and lasted for more than
2 months, overcoming the threshold of twice the difference between the 90th percentile
and the 30-year climatology in region 2 (Fig. 4.1), which defined it as a “strong” MHW,
for a week at the end of February 2013. A heat budget analysis, comparing summer
2012/2013 to a 7-year model climatology, suggests that the increase in air-sea heat
flux and positive advection anomalies were the major causes leading to the
development of the MHW during December. During January and February, a decrease
of advective cooling and a decrease in vertical mixing (which normally entrains colder
water up) compared to the climatology contributed to maintain the warm anomalies.
The delayed onset of the Australian monsoon, which usually begins around December
13, could have contributed to the onset of the MHW. In fact, weaker north-easterly
winds during December 2012 forced an anomalous south-westward flow over the
NWS, bringing warmer northern waters to the region. The reduced wind speed
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produced stronger stratification and a shallower MLD during summer 2012/2013,
which contributed to reduce the cooling effect from the vertical mixing. The SLP
anomalies pattern over the NWS during December could correspond to a locally
amplified Ningaloo Niño described by Kataoka et al. (2014), which happens when
warm SST anomalies produce low SLP anomalies, triggering northerly wind
anomalies that cause downwelling anomalies and further increase warming.

7.2 Part 2: Effect of tropical cyclones on the ocean thermal balance
The effect of TCs on the ocean thermal balance is analysed in Chapter 5, with
a focus on the development of temperature anomalies and TC-induced vertical currents,
and in Chapter 6, which focuses on the OHC changes following the passage of a TC.
Our analysis is based on a 20-year composite and shows that following the passage of
a TC cold temperatures anomalies develop over a wide region at the ocean surface and
at depth underneath the track, while warm anomalies develop in the subsurface at the
two sides of the track, stronger on the left of it. The extensive cooling through the
water column in the region underneath the TC centre appears to be driven by strong
divergent surface currents which produce Ekman upwelling. On the sides of the track,
the surface cooling with subsurface warming is caused by vertical mixing generated
by the strong TC winds, which drives MLD entrainment. The recovery of the cold
anomalies at the surface is driven by air-sea heat fluxes and beneath the TC centre, the
cold anomalies at depth recovers thanks to weak but persistent downwelling, while the
warm anomalies to the side of the track take longer to recover and are still present one
month after the TC passage.
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Compared to TCs over the deep ocean, TCs over the continental shelf drive
stronger cold anomalies at the surface over a larger area, with stronger vertical currents
underneath. The direction of motion of the TCs over the shelf can further impact the
development of currents on the shelf and, thus, influence the temperature anomalies,
which are colder at depth for TCs moving parallel to the coast moving south-westward.
TC data points over the deep ocean that move south-westward parallel to the coast are
also impacted by the presence of the shelf edge as they trigger stronger warm
anomalies on the left of their track near the coast, where the interaction between the
TC winds and the coast drives Ekman downwelling. The recovery of the temperature
anomalies differs between TCs occuring earlier in the season, when the solar radiation
is stronger and the surface cold anomalies recover faster, and TCs occuring later in the
season, when the general downward vertical currents help a faster recovery of the cold
anomalies at depth. The development of the temperature anomalies is affected by the
intensity and translation speed of the TC data points, as slow-moving and strong TC
data points drive colder temperature anomalies over a wider region. As their residence
time is longer, upwelling is enhanced for slow-moving TC data points, which produces
stronger cold anomalies at depth beneath the track. The presence of a deep barrier
layer before the passage of the TC can inhibit mixing and reduces the development of
cold anomalies at surface, especially for fast-moving and strong TC.
In Chapter 6 the 20-year composite of the OHC changes in regions of different
size around the TC centre is analysed for TC data points over the deep ocean. The
results show that in general the OHC of the region within 1000 km from the TC
location for a layer of 500 m depth from the surface recovers after a month from the
TC passage. This happens because, although within the inner core regions cold
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anomalies are not completely recovered by Day 30, within the outer region the
subsurface OHC increases following the passage of the TC and balances the heat
losses of the core region. A heat budget calculation shows that upwelling drives the
strong cooling within the inner core region, while vertical mixing and MLD
entrainment drive the OHC losses at the surface and OHC increase in the subsurface
within the outer region. The recovery appears to be driven by downwelling beneath
the track and vertical mixing over a large region at the surface and subsurface right of
the track, while on the left of the track the MLD keeps entraining and the surface
continues to cool as the subsurface warms more. After a month from the TC passage,
the OHC of the surface layers is increased for TCs earlier in the season and decreased
for TCs occuring during the cooling season. However, TCs later in the season drive
an increase of the OHC in the subsurface layers, which overwhelms the surface
cooling when considering the top 500 m of the ocean. Within the whole region the
effect of the TC intensity appears to be greater than TC translation speed as one month
after the TC passage strong TCs drive a strong increase in the OHC through the ocean
depth, while weak TCs result in a reduction of the OHC of the region.

7.3 Limitations of this study and possible future research
Chapter 4 presents an extensive analysis on the processes leading to the
development of the summer 2012/2013 MHW over the NWS of Australia. However,
our work has some limitations, and it could be improved with further studies. The
2012/2013 MHW happened during a non-canonical locally amplified Ningaloo Niño.
To better capture the ocean-atmosphere feedbacks that led to the development of the
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Ningaloo Niño and the influence of remote wind forcing from the Kimberly coast that
drove the MHW, a regional coupled ocean-atmosphere model may be more suitable.
A coupled model extending to include a larger region could allow to further research
on the large-scale drivers of a delayed monsoon onset. Moreover, further research
could investigate in more detail the decaying period of the MHW and its causes. The
potential cooling influence of TCs Narelle and Rusty on the warm temperature
anomalies that developed during the MHW could be investigated in further studies,
especially as the decay of the MHW happened concurrently to the passage of TC Rusty
and a subsequent upwelling event.
Part 2 provides further knowledge on the effect of the passage of TCs over the
north-western region of Australia on the thermal balance of the ocean, using a
composite approach with BRAN data. The main limitation of BRAN data is the daily
temporal resolution, which does not allow a detailed study of the near-inertial currents
that develop following the passage of a TC and of the internal waves produced from
the interaction of the TC-induced currents with the shelf edge. Future studies could
focus on further analysing the processes that happen at shorter time scales, with higher
temporal resolution data, and allow the analysis to be conducted in terms of inertial
periods in order to focus more on the ocean dynamics. In addition, the coarse spatial
resolution of BRAN limits the analysis, especially for locations over the shelf and a
model with finer resolution could reproduce better the interaction between coastal
currents and shallow bathymetry with TC induced currents. High resolution ocean
modelling of the atmosphere-ocean interaction due to TC passage should be done over
many TC intensities and over both the deep ocean and over the shelf in the NWS
region in order to investigate the importance of the mixing and the interaction between
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TC-induced currents and the coastal processes occurring over the shelf edge.
Furthermore, the use of a model that includes TC specific parameterization for wave
turbulence and a different drag formulation during high winds can improve ocean
simulations under TC conditions (Hwang, 2018; Stoney et al., 2017; Stoney et al.,
2018).
Moreover, we focused on a composite study, but analysis of specific TCs could
provide further insight on how specific TC characteristics impact the ocean over the
NWS, and would enable a focus on the interaction between the TC induced currents
and the eddies present over the region. In particular, focusing on case studies over the
shelf region could help understand better the interactions between the direction of
movement of the TC and the underlying bathymetry and coastal currents.
A further OHC budget study with a TC- specific ocean model to analyse in
more detail the processes leading to the development of OHC anomalies in the region
could lead to further insights. A NWS model able to fully capture the effects of the
passage of a TC could allow to investigate how the subsurface OHC increases caused
by the passage of a strong TC evolve in a longer period after the TC passage. In fact,
whether the subsurface warm anomalies are released back to the atmosphere during
the winter following the TC passage or are trapped in the ocean for longer, and if they
are transported away from the region, is still unknown.
Climate change could impact TC activity and it is predicted that as the ocean
temperatures increase, the frequency of intense TCs will increase in the future
(Knutson et al., 2010; Webster et al., 2005). Our study shows that strong TCs drive an
increase in the OHC of a large region around the track after a month from their passage
228

while weak TCs drive a decrease in the OHC. This could lead to a positive feedback
mechanism, if the frequency of strong TCs increases in the future. Moreover, if the
translation speed of TCs decreases in the future (Hassim and Walsh, 2008; Kossin
2018), TCs could also lead to an increase in upwelling events. Further studies on the
effect of TCs over the ocean over the NWS region in different climate change
scenarios could be crucial to be able to protect the unique environment of the region.
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